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Foreword

The aim of this course is to provide a first understanding of geophysical imaging and
the mathematical concepts behind. The core of the course is the full waveform inversion
method, a high resolution seismic imaging method which has been developed since the
beginning of the 1980s and is now applied routinely in the industry for oil & gas exploration
and in the academy for global and regional scale imaging. Despite full waveform inversion
is relatively widespread and used in diverse communities, a significant research work is
still ongoing around this method, both in terms of methodology and applications. The
aim of this course is also to give an insight of some of these research directions.
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Chapter 1

Introduction

In the introduction, we first review in which domains obtaining accurate and quantitative
estimates of the subsurface mechanical properties is crucial. We then explain how this
can be based on the propagation of seismic waves in the Earth’s interior, and how this
can be formulated as a typical inverse problem. Finally, we show an example of synthetic
data recorded in a typical controlled source experiment. We explain the main principle of
tomography methods, which exploits only the first arrival travel-times of the waves and
hence have a low resolution power. This is the motivation for full waveform inversion, a
high resolution seismic imaging technique which aims at exploiting all the data.

1.1 High resolution imaging of the subsurface: why do we
need it?

Let us start by reviewing some applications where a high resolution information on the
Earth’s structure is crucial.

1.1.1 Earth’s structure at global and continental scales

Understanding the global structure of the Earth is still at the heart of active research
(Fig. Questions encompass the early formation of planets related to the accretion
mechanism. Having more precise ideas of the core structure is also crucial to better
understand and interpret the magnetic field. The magnetic field is generated by rotation
of the liquid iron around a solid grain in the core. Delineating the core/mantle boundary is
also a salient question for seismologists, as it likely plays an important role in geodynamic
and geothermal processes. For instance it is said in Lowrie and Ficthner| (2020) that

“The layer at the core mantle boundary may serve a the source of material
for mantle plumes that give rise to hot spots, which are important in plate
tectonics. The thermal properties of this layer might also influence the outward
transport of heat from the Earth’s core; in turn this could affect the intricate
processes that generate the Earth‘s magnetic field.”

A high resolution information at the global scale is also crucial for the study of earth-
quakes. Locating hypocenters of earthquakes is a major issue and it requires an accurate
knowledge of the seismic wave velocity at global and continental scales.
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Figure 1.1: Sketch of the internal structure of the Earth at the global scale. Inner (solid)
and outer (liquid) core, mantle, and crust.

1.1.2 Imaging active zones: crustal scale imaging

Better imaging the structure of particular active zones such as subduction zones, volcanic
areas, faults, is also crucial to better understand their mechanisms, and to prevent the
potential hazards related to their activity. An example of such zone is the Nankai trough
near Japan (Fig. The underlying fault is the origin of Nankai megathrust earthquakes
which devastate Japan regularly. The Eastern segment of the Nankai Trough is known to
have been left without rupture during the most recent earthquakes dating back to 1944

and 1946.
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Figure 1.2: Partitioning of the Nankai Trough into four segments as described by Ando
(1975). Region D was left unruptured during the most recent sequence of two large earth-
quakes (1944 Tonankai and 1946 Nankaido). The solid red line represents the seismic
profile of the SFJ-OBS experiment. White arrows mark the cyclic volcanic ridges devel-
oping on the flank of Izu Bonin Arc. (b) Zoomed view of the survey area, overlaid with
the bathymetry variations. The solid grey line and the dashed red line represent the OBS
shot and receiver profile respectively, while the dashed black line corresponds to the MCS
profile (Gérszezyk et al., 2017). Figure taken from |Gorszczyk et al. (2019).

A better information on the subsurface structure in this area is crucial to help geo-
physicists interpret the geology and try to infer the risk related to an earthquake in this
zone (next occurrence localization, strength, effect etc...). Recent imaging results using
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full waveform inversion (FWI) and their interpretation are presented in Figure Note
that the scale here is 20 km depth for 100 km long 2D model. This means that the target
is deep, but still within the crust: we speak of deep crustal scale imaging. This example
is taken from |Gorszczyk et al.| (2019).
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Figure 1.3: Imaging results and structural interpretation. Migrated section superimposed
on: (a) FWI velocity model blended with average vertical and horizontal velocity gradi-
ent; (b) Average vertical and horizontal velocity gradient of FWI model. Inset presents
different geological block-segments: OMT - oceanic mantle; SOC - subducting oceanic
crust; WDU - weakly deformed unit; MDU - moderately deformed unit; HDU - heavily
deformed unit; BST - backstop. Figure taken from |Gorszczyk et al.| (2019).

1.1.3 Hydrocarbon resources: crustal scale imaging

Precise, accurate, high resolution information on the structure is crucial for oil & gas
exploration. Locating hydrocarbon resources can request resolution information down to
few meters for targets few kilometers deep in area covering hundreds of square kilometers.
Drilling operations are extremely complicated (and expensive) despite progresses in the
technology. Uncertainty in the structure can lead to dry wells and/or hazards, in particular
in presence of gas.

In Figure we present an example of 3D imaging from North Sea data (Valhall oil
field) where a gas cloud, trapped in sediment layers, make the imaging of the reservoir
below challenging. High resolution imaging makes it possible to correctly image the gas
cloud at 1 km depth (gray depth slices). Shallower, glacial sand channels deposits at are
made visible at z = 175 m, a low-velocity zone intersected by scrapes left by drifting
icebergs on the paleo-seafloor is made apparent at z = 500 m depth. This example is
taken from Operto et al.| (2015]).
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Figure 1.4: Slices of the 10 Hz FWI model.) (a-c) Horizontal slices at (a) 175m depth, (b)
500m depth, (c) 1km depth across the gas cloud. (d-e) Inline vertical slices (d) passing
through the gas cloud (X = 5.6km) and (e) near its periphery (X = 6.25km). (f-g) Cross-
line vertical slices at (f) Y = 8.6km and (g) Y = 11km. Figure taken from [Operto et al]

(2015).



1.1. HIGH RESOLUTION IMAGING OF THE SUBSURFACE: WHY DO WE NEED IT?11

1.1.4 CO, storage

CO9 storage is an important challenge industry is facing in the frame of the energy tran-
sition. Reducing greenhouse gas emissions is now accepted as one of the main issue for
modern societies. Part of the solution is sought in the ability to capt directly CO2 at the
source (from industrial plants), and inject it in the subsurface in a controlled environment.
This requires again precise, accurate information on the subsurface structure, to evaluate
permeability of the layers in which the pressured COs will be trapped. This also requires
the ability to monitor the state of the storage along time. This yields a specific problem-
atic of monitoring, also known as 4D imaging. Using a permanent device of acquisition,
4D imaging consists in generating 3D images of the subsurface along time to control the
evolution of the subsurface and detect potential leakage. Note that part of the industrial
tools required to develop and pilot CO5 storage are in the hand of the oil & gas industry,
as they have developed tools to inject fluids in the subsurface to enhance oil extraction
and to monitor reservoir production through permanent seismic acquisition devices.

We present in Figure [1.5] a schematic view of the CO; storage injection system which
has been installed in Sleipner (Norway) since 1996. Sleipner is a pilot site, which has
made possible to test and evaluate the interest of COq storage technology. A review of
the experiments and research led in this pilot site is proposed in

Sleipner A
-0 Sleipner T
T
-500m
CO, Injection Well
- 1000m
CO,
Utsira
Formation
- 1500m
Sleipner Jst
Production and Injection Wells
[F2000m
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L 1 1 J
-2500m,

Heimdal Formation

Figure 1.5: Schematic view of the COg storage injection in Sleipner (Norway).

1.1.5 Geothermal energy

Geothermal energy is another technology recently developed to lessen our dependence to
hydrocarbon resources and reduce greenhouse gas emissions. Shallow geothermal resources
(down to 200 m depth) can be exploited to monitor the buildings temperature (both for
individuals and industry), or to produce hot water. Deep geothermal resources (below 200
m depth) can be used for the same purpose or to produce electricity. In both cases (shal-
low and deep geothermal resources exploitation) an accurate knowledge of the subsurface
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structure is required, to detect proper aquifers, and to conduct the drilling and installation
of pumps and/or electricity generators. A monitoring of the installation is also required,
leading, as for CO9 storage, to the problematic of 4D imaging.

1.1.6 Geotechnical engineering

From wikipediahttps://en.wikipedia.org/wiki/Geotechnical_engineering, the def-
inition of geotechnical engineering (or geotechnics)

Geotechnical engineering, also known as geotechnics, is the application of sci-
entific methods and engineering principles to the acquisition, interpretation,
and use of knowledge of materials of the Earth’s crust and earth materials for
the solution of engineering problems and the design of engineering works. It is
the applied science of predicting the behavior of the Earth, its various materi-
als and processes towards making the Earth more suitable for human activities
and development (...).

Examples of the application of geotechnics include: the prediction, prevention
or mitigation of damages caused by natural hazards such as avalanches, mud
flows, landslides, rockslides, sinkholes, and volcanic eruptions; the application
of soil, rock and groundwater mechanics to the design and predicted perfor-
mance of earthen structures such as dams; the design and performance predic-
tion of the foundations of bridges, buildings, and other man-made structures
in terms of the underlying soil and/or rock; and flood control and prediction.

For such applications, a precise, accurate, high resolution knowledge of the subsurface
structure is also naturally required.

1.1.7 Archaeology

Finally, recent applications have shown how shallow subsurface imaging can be used in the
frame of archaeological studies. Depth of investigation do not exceed few meters in this
case. Preparing archaeological campaign requires accurate information on the subsurface
structure. Conventional imaging methods based on electromagnetic measurements such as
ground penetrating radar (GPR) can be limited by the penetration depth of these waves.
In (Kohn et al., [2021)), a medieval canal named “Fossa Carolina” located in southern
Germany is investigated. Full waveform inversion of elastic wave propagation recordings is
used to image the structure prior to excavation, and is compared with a more conventional
tomography strategy. After excavation, it is possible to assess the quality of the images.
Modern techniques such as full waveform inversion, which will be at the heart of this course,
makes it possible to retrieve higher resolution images than the conventional tomography
technique based on first-arrival travel time.


https://en.wikipedia.org/wiki/Geotechnical_engineering
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Figure 1.6: Figure extracted from [Kohn et al. (2021). FWI stands for Full Waveform In-
version and FATT for First Arrival travel-time tomography. The latter technique produce
a low resolution estimate of the shear wave velocity. FWI provides a higher resolution
estimate. Thanks to the excavation, the results can be confronted to the true subsurface
rheology. The comparison between the photography and the FWI result illustrates how
the higher resolution details conform with the reality. In particular, the target (the “Fossa
Carolina” canal) is much more accurately delineated in the bottom right corner of the 2D
shear-wave velocity map.
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1.2 How to obtain information on subsurface material prop-
erties?

Here we review the main principle of seismic imaging and its general formulation as an
inverse problem. We will make a little digression around the linear case for inverse problems
as it illustrates first important concepts in the frame of the solution of inverse problems.

1.2.1 Drilling is not an option

First and foremost, one could wonder why the investigation of the subsurface could not
rely only on direct measurements. That is, in a pragmatic way, drilling. There are several
arguments against this.

e Some applications require an indirect measurement of the subsurface properties
simply because a direct measurement would destroy the target. Archaeology and
geotechnical engineering belong to this category of applications.

e At larger scales, drilling provides a very local information. The subsurface, especially
the crust, can not be accurately represented as a layered medium. Therefore, the
direct measurement provided by a (vertical) well do not provide information on
potential lateral variations of the subsurface.

e Drilling is a highly technical and complex operation. Therefore it is expensive.

e For regional scale and global scale imaging, the depth of investigation of a drilling
operation is far from being sufficient.

Regarding the last point, it is interesting to know that the deepest drilling operation
performed on Earth was achieved by Russians. The operation last for 19 years from 1970
to 1989, on the Kola Peninsula (Fig. They reached the depth of 12,262 km. At this
depth, they had to face pressure and temperature conditions that made drilling deeper
impossible, the rock behaving more as a plastic than a solid. Given the Earth’s radius is
approximately 6400 km, the deepest drilling ever achieved reaches less than 0.2% of the
Earth’s radius. To give another order of idea, the crust has an average thickness of 33
km, but shows strong variations, measuring as little as 5 km below oceans and as much as
60-80 km under some mountain ranges.

Figure 1.7: Localization of the Kola peninsula on Google Earth (left). Picture of the Kola
Superdeep Borehole drilling site (right).
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1.2.2 Remote sensing as a remedy

As direct measurement is not an option, we need to rely on indirect measurements. This
already means that instead of having an accurate knowledge on the subsurface rheology
(type of rock, permeability, water saturation), we will recover averaged properties of the
subsurface.

The starting point of geophysical imaging is the following: subsurface rheology has
an impact on the propagation of waves.

e These can be electromagnetic waves. In this case, the subsurface structure/rheology
variations affect the mean permittivity and conductivity of the subsurface, which
have an effect on the propagation of electromagnetic waves.

e These can be mechanical (elastic) waves. In this case, the subsurface structure/rheology
variations affect the velocity, density, anisotropy, and attenuation of the subsurface,
which have an effect on the propagation of mechanical (elastic) waves.

From the observation of mechanical or electromagnetic waves, we will infer information on
these “average” subsurface properties. In this course, we will focus on mechanical waves
and leave aside electromagnetic waves. The latter are however used for shallow applica-
tions, such as archeology and geotechnical engineering, to complement or replace seismic
imaging methods. They are also used at the exploration scale, using controlled-source
electo-magnetic methods (CSEM), to retrieve the subsurface resistivity down to several
kilometers depth. The electrical resistivity can help to discriminate between different rock
types. The resolution of such information is however relatively low.

The main idea behind geophysical imaging using mechanical waves is thus that from
the recording of these waves, we can infer information about the subsurface mechanical
properties (macro-scale parameters). From them, more precise information on the rheology
of the subsurface can be obtained, if required, in a second stage (micro-scale parameter).
This second stage is referred to as downscaling in the literature. Geophysical imaging
is focused on the first stage: from seismic waves observation, recover information on the
subsurface mechanical properties.

As such, geophysical imaging belongs to the class of inverse problems. The computa-
tion of seismic waves given the subsurface mechanical properties corresponds to a forward
problem. It can be formalized (as described in the sequel of the course) as the solution
of partial differential equations describing the propagation of elastic waves: the elasto-
dynamics equations. The computation of the subsurface mechanical properties given the
local observation of seismic waves is an inverse problem.
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1.3 Seismic data

We have said that we would image Earth’s structure through remote sensing/use of seismic
waves. What is actually the data that we have? How does it look like?

1.3.1 Type of recordings

The data we have correspond to the recording of seismic waves by seismic sensors. These
sensors can be located on ground or in the water. On ground, they are geophones. These
devices record the amplitude of the local velocity displacement of the ground. In the water,
they are hydrophones. These devices record the amplitude of the local pressure field.

Sensors can be deployed permanently (or for a long period of time, from months to
several years). This makes it possible to record seismic activity related to earthquakes
but also ambient noise due to human activities and also ocean or atmospheric forcing.
Ambient noise can be treated so as to yield useful information on the subsurface. This is a
whole research topic which will not be developed in this course. Interested readers might
refer to Nakata et al.| (2019)) and references therein for an overview.

In seismology, signal from earthquakes is used to image the Earth at global or conti-
nental scales. A sketch of such acquisition is given in Figure In exploration, sensors
are deployed temporarily over a given target. Human controlled seismic sources are used
to generate the seismic signal. In the water, pressure airguns are deployed (Fig. left).
On ground, vibrating trucks or explosive sources are used (Fig. right).

Earthquake epicenter

Seismic station records.
both

th P and S waves

i 3 P waves only

lgure 17.10 View of Earti's interior showing P and § wave paths. Any location more than 105 d

’ s rees from the earth
epicenter will not receive direct S waves since the outer core will not transmit them. Although P o absent b:yl::: 105
degrees, they are recorded beyond 140 degrees, as shown in Figure 17.9.

Figure 1.8: Sketch of earthquake recording with sensors deployed all around the Earth.

In terms of mathematics, the seismic data is thus a collection of time functions d(t)
associated with a source s and a receiver . We will denote it as

dr,s(t), (1.1)
in the following, or equivalently
d(zg, xp,t), (1.2)
or
ds(xyp,t), (1.3)

depending on the context. In these notations z, and x5 denote the spatial position of the
receiver r and the source s respectively. A single function d, 4(¢) will be referred to as a
seismic trace in the following.
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Figure 1.9: Sketch of a controlled source seismic acquisition with airgun sources in the
water (left), vibrating truck on ground (right).

Time (s)

Figure 1.10: Typical seismic trace d(t) as a function of time.

1.3.2 Representation and analysis of seismic data

A typical example of a seismic trace is presented in Figure[I.10] The time axis is presented
vertically. The horizontal axis corresponds to the amplitude of the recorded signal (here a
pressure recorded by a hydrophone, we will give the detail to which seismic experiment it
corresponds in the sequel). We see different seismic arrivals with different amplitude. The
first arrival is prominent in terms of energy, but later arrivals can still be clearly identified.

Instead of analyzing the data trace by trace, it can be useful to look simultaneously
at several traces. The typical geophysicists’ representation is a juxtaposition of traces
depending on the receiver/source distance, also referred to as offset in the following. Such
a collection of 20 traces is presented in Figure [1.11

When the number of traces is even larger, such a representation of the seismic amplitude
becomes problematic. Instead of using a 2D plot for each trace, a black & white colorscale is
introduced to depict the amplitude. White corresponds to negative values, black to positive
values, while gray corresponds to 0. This yields the typical seismogram representation,
widely used in exploration geophysics, presented in Figure Note that juxtaposing
traces depending on the offset makes it possible to visualize laterally coherent events which
can be further interpreted in terms of wave propagation.

The seismogram in Figure is synthetic (as opposed to field data): it has been
computed on a computer. The model and acquisition which have served to this compu-
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Figure 1.11: 20 seismic traces d,(t) as a function of time.
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Figure 1.12: A typical seismogram in black and white representation. 161 traces spanning
16 km are used here.

tation are presented in Figure A pressure (explosive) source is modeled at the top
left corner of the model. The subsurface model which is presented here corresponds to a
2D map of the pressure wave velocity. Blue values mean low velocity values (close to 1500
m.s~!, the pressure wave velocity in the water), red values mean large velocity values (as
large as 4500 m.s~!, the pressure wave velocity in rigid bodies such as salt bodies). The
receivers are located all along the surface on top of the model. They record the pressure
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Distance (km)
0 2 4 6 8 10 12 14 16

Distance (km)

Figure 1.13: Pressure wavefield at ¢t = 2.3 s (top), t = 4.6 s, (middle) and ¢t = 6.9 s (bottom)
superimposed on the velocity model used to compute the synthetic data presented in Figure

1. 12)

wavefield propagating along time. The pressure field has been computed here by solving
2D acoustic wave propagation equations (to be developed in Chapter [2)).

Already at this stage it is interesting to correlate the complexity of the recorded signal
with the complexity/heterogeneity of the subsurface model. High contrasts between low
velocity and high velocity zones generate strong reflections. The boundary condition im-
plemented on top of the model is a free surface boundary condition which represents the
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subsurface/air interface. Waves reaching this boundary are reflected back to the medium.
Higher velocity values have also a visible impact on the wavelength of the propagated
signal, which becomes larger.
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1.4 A first glance at seismic inversion methods

Now that we have seen a first instance of seismic data, we introduce with more details
seismic inversion methods based on the interpretation of such data.

1.4.1 Tomography methods: exploiting only the first arrival time

The first method which has been developed in the frame of seismic imaging to exploit
seismic data and infer mechanical properties of the Earth is tomography. This methods
relies on the exploitation of the first arrival travel-times between sources and receivers.
The principle is relatively simple: pick the first-arrival travel-times on the seismograms
by detecting the “first break” (the moment where the sensor starts recording the wave
traveling the fastest). Manual or automatic picking can used. A rough example of what
would be picked on the previous seismogram is presented in Figure where the red line
indicates picked travel-times.

Distance (km)
0 2 46 810121416

Time (s)

Figure 1.14: Same seismogram as in Figure [[.12] with first-arrival travel time denoted by
the red line.

From these picked travel-times, an inverse tomography problem is solved. This in-
verse tomography problem follows the general formulation of inverse problems we have
introduced previously with

dobs = tobs(l's, xr)» m=vp (1'4)

where tops(xs, z,) denotes the picked travel time from source s to receiver r, and vp is the
pressure wave velocity.

The forward operator g(m) consists in this case in solving an eikonal equation: com-
putation of the first-arrival travel-times between sources and receivers. This can be done

through ray tracing techniques (see 2001}, for a review) or Eulerian based ap-
proach. There is a wide mathematical and geophysical literature on this topic: solving



22 CHAPTER 1. INTRODUCTION

eikonal equations is not a trivial problem, as it is a nonlinear PDE. Again, it will not be
developed in this course. The interested reader might be redirected to (Nolet, [2008)) and
references therein for a first view.

In the following formulation, we will denote the solution of the eikonal equation by
teai(Ts, xr). In the notation of the general inverse problem we have introduced, we thus
have for the tomography problem

dohs = 75obs(a75a l‘r), m=uvp, g(UP) = tcal(‘rsa$7“) (1'5)

where t.q; (s, x,) is computed through the solution of an eikonal equation.
The corresponding least-squares first-arrival tomography problem can thus be written
as

o1
I{)l]ljn §||tcal - tobs”Z + nR(UP)a leal = g(’UP). (16)

where R(vp) is a regularization term, for instance

1
R(vp) = §HUP —vppll® (1.7)
where vp, is a given prior P-wave velocity model.
In (1.6)), the norm ||.|| means summation over sources and receivers, that is
Htcal - tobsH2 - Z |tcal($87 377") - tobs($5a xr)‘2 (18)
s,

A typical tomography result obtained from 3D field data acquired in the Valhall field
(North Sea) is presented in Figure Here the method employed is “reflection travel-
time” tomography, hence the picked times correspond to reflected waves instead of trans-
mitted waves as is the case with usual first-arrival travel-time tomography. Nonetheless
these results illustrate a striking feature of tomography methods: the resolution of the
subsurface mechanical parameters estimation is relatively poor. Only smooth variations
are recovered. Comparing with results presented in Figure[l.4] one can see that indeed the
resolution in the latter image is much higher. What can explain such a difference?

1.4.2 Full waveform inversion: exploiting all the data

Tomography is based on the exploitation of travel-times between sources and receivers
(eventually including reflectors). Looking at picture makes clear that this operation
results in disregarding more than 99% of the data. Based on this observation, researchers
at the beginning of the 80s (Lailly, [1983; |Tarantola, 1984)) have proposed to try to exploit
not only the arrival time of selected phases (waves), but the full information, including all
the phases, and their relative amplitude. By doing so, much higher resolution estimates
can be obtained, as the one presented in Figure [I.4, This high resolution seismic imaging
method has been introduced as full waveform inversion (FWI).

The purpose of this course is to detail the mathematical foundation of this seismic
imaging technique, as well as to provide a physical understanding of the underlying con-
cepts on which it is based. The basic idea, compared with tomography, is to replace the
forward modeling operator g(m) by a full wave modeling solver, and to compare the re-
sulting synthetic data to the full observed data dps(zs,xr,t). The FWI problem is thus
formulated as

1
H}?}Ln §Hdcal[m] - dobs”2 + nR(m)a dcal [m] = g(m) (19)
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A full wave modeling solver will require to solve partial differential equations represent-
ing the wave propagation within the subsurface. The solution of the associated nonlinear
least-squares problem will require the usage of local optimization strategies and efficient
numerical methods to build the gradient. The implementation of the method on field data
will require a physical understanding of the imaging concepts underlaid by the method.
The purpose of this course is to give an overview of all these elements, as complete as
possible, and also to give perspectives on current scientific questions around FWI which
still stimulate active research.

The remainder of the course is decomposed in two main chapters. The first is de-
voted to full wave modeling: how to represent accurately the propagation of seismic waves
numerically? The second is devoted to full wave inversion: how to design efficient nu-
merical methods to solve the inverse problem? How to implement it in practice to obtain
meaningful results?
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Figure 1.15: Slices of the initial model (vertical wavespeed) built by reflection traveltime
tomography (courtesy of BP) (a-c) Horizontal slices at (a) 175m depth, (b) 500m depth,
(c) 1km depth across the gas cloud. (d-e) Inline vertical slices (d) passing through the
gas cloud (X = 5.6km) and (e) near its periphery (X = 6.25km). (f-g) Cross-line vertical
slices at (f) Y = 8.6km and (g) Y = 11km.



Chapter 2

Full waveform modeling

2.1 Derivation of elastodynamics equations

The mathematical model we choose to represent the propagation of seismic waves within
the subsurface is the elastodynamics model. In this approximation, the Earth is seen as an
elastic medium. Two main principles will be used to derive the elastodynamics equations.
First, the Newton law relating forces and acceleration of the medium. Second, the stress
strain relationship. The latter will be derived under the frame of small deformation, leading
to consider only the linear part of the relation between stress and strain, neglecting all
higher order effects. This leads to a linear system of partial differential equations which we
now introduce. For a more complete overview on the theory of linear elasticity I suggest
the books from |Gould| (2013), Shearer| (2009)) and course |Aki and Richards (2002). The
presentation of the stress and strain tensors and the way the elastodynamics equations are
assembled in the following are mainly extracted from |Shearer| (2009).

2.1.1 The Cauchy stress tensor
Definition

We first introduce the Cauchy stress tensor. Let us consider an infinitesimal plane in an
arbitrary direction, of an elastic medium in static equilibrium. The orientation of this
plane is given by the unit vector normal to it n. We denote the traction force per unit
area exerted on this plane in the direction of n by t(n) (Fig. [2.1). Because of the static

Figure 2.1: Infinitesimal plane with normal n and traction t(n) (from Shearer} 2009)).

equilibrium we have
t(—n) = —t(n). (2.1)

The part of t which is normal to the plane (aligned with n) is called the normal stress.
The part of the traction which is parallel to the plane is the shear stress. In the case of a

25
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fluid, there is no shear stress and we can write
t(n) = —Pn, (2.2)

where P is the pressure (scalar value) and the minus sign is by convention.
The stress tensor o, in a Cartesian coordinate system, is defined by the traction across
the yz, xz, and xy planes of an infinitesimal cube. It writes

2% (X) 12 (Y) 129 (Z) Oxx Ogzy Ozz
ty(x) ty(y) ty(z) | = oy oy oy (2.3)
Z(X) t. (y) 2% (Z) Ozzx Ozy Ozz

We consider the solid at equilibrium, therefore there cannot be net rotation from the

tz)

/ t(¥)

‘t{i]

Figure 2.2: The traction vectors t(x), t(y) and t(z) describe the forces on the faces of an
infinitesimal cube in a Cartesian coordinate system (from |Shearer] [2009).

shear stresses, therefore we have
Opz = Ozzy, Opy = Oyz, Oyz = Ozy. (2.4)

As a result the stress tensor is symmetric. The traction across any arbitrary plane of
orientation n is obtained using the matrix vector product

Ozx Ozxy Ozxz Ty OgaNg + OgyNy + Oz
tin)=on= oy, oy 0y ny | = | Oayne + oyyny + oyn, (2.5)
Oze Ozy Ozz U OgzNy + OyzNy + 022N,

Principal axes and principal stresses

The stress tensor, as a symmetric matrix, can be diagonalized in a proper basis of eigenvec-
tors. This can be interpreted as finding directions n such that there are no shear stresses
across the plane normal to n. In this case, t(n) is aligned with the direction n, which

translates in
t(n) = on = An, (2.6)

which is equivalent to
(0 —AI3)n =0, (2.7)

where I3 is the rank-3 identity matrix. We recognize here an eigenvalue problem, which
has non-trivial solutions if and only if

det (o — AI3) =0 (2.8)
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This is a cubic equation with three solutions Ai, As and A3 which are the eigenvalues of
o which we sort in decreasing order: A1 > Ao > A3. Finding a basis in which the stress
tensor is symmetric thus corresponds to finding a coordinate system in which there is no
shear stress, only normal stress. The directions of this coordinate system are referred to
as principal axes. The eigenvalues )\;, 2 =1...,3 are the principal stresses.

Maximum shear stress

Based on the principal axes, it is possible to express the maximum shear stress depending
on the principal stresses. Maximum shear stress appear in planes at 45° to the maximum
and minimum principal stress axis. In this system of coordinates, one of these planes has
normal vector n = (1 /v/2,0,1/ \/5) We can calculate the traction vector t across this
plane following the same strategy as before, as

A0 0 1/v2 A /V2
t=(0 X 0 0o |= 0
0 0 X/ \1/v2 A3/V2

The traction vector can then be decomposed into normal ¢y and shear stresses tg on
this plane by taking a scalar product with n and a unit vector in the shear stress plane

ng = (1/v2,0,—1/v/2). This gives

(2.9)

A1+ A3 Al — A3

=2 tg=""1= 2.10

5 s 5 (2.10)
The latter value gives us the maximum shear stress. We see from this that if the three
eigenvalues are equal A1 = Ao = A3 then there is no shear stress and we are in the case of

a fluid.

tn

Deviatoric stress

Because in deep Earth, stress is dominated by large compressive stress from hydrostatic
pressure, seismologists are used to consider what they call deviatoric stress. This is com-
puted by subtracting the mean normal stress o,,, given by the average of the principal
stresses

()\1 + Ao + /\3) (2.11)

W =

Om =
Thanks to the trace invariance
Tr(P7YAP) = Tr(A), YA € M,(R), P € M,(R)invertible (2.12)

the trace of the stress tensor expressed in any system of coordinates is always equal to the
sum of the principal stresses. The deviatoric stress tensor is

Ogx — Om Ozy Ozxz
op = Oy Oyy — Om Oyz (2.13)
Ozz Ozy Ozz — Om

and any stress tensor can be decomposed as the sum of its corresponding hydrostatic stress
and deviatoric stress tensors
oc=o0mnl+o0p (2.14)

For isotropic materials, the hydrostatic stress is responsible for volume changes without
changing the shape of the object. For such materials, only the deviatoric stress can cause
shape changes.
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2.1.2 The strain tensor

Particle displacement, particle velocity, particle acceleration

We consider a reference point x° = (29,29, 29) € R3. We consider a Lagrangian approach

and describe how a particle moves from this reference point at time ¢y to another position
x = (21,72, 73) € R3 at time t € R*. This makes it possible to define for this particle, its
displacement, velocity, and acceleration vectors as

(u(x,t) = (x(t) — x¢) € R?

v(x,t) = g;l(x,t) eR? (2.15)

a(x,t) = ?)::(X’ t) € R3.

Definition of the strain tensor
We can expand the displacement field u by its Taylor expansion, as
u(x,t) = u(xo, t) + J(x,t)(x — x0,t) + O|(x — x0)||? (2.16)

or in developed form

Uy (x,t) Jr v 8@7" T — o ,
u u u
uy(x,t) | = | 32 T 2| | v—wo | +Oll(x—=xo)| (2.17)
uy(x,t) 381;2 881;2 8{;? z— 2o
u(x,t) J(:cr,t) X—Xo,t

In the approximation of infinitesimal strain theory, which is used to derive the theory of
linear elasticity we explore here, we keep only the first-order term in this Taylor expansion.
This approximation is valid in seismology and seismic imaging to study waves propagating
within the Earth. Notable exceptions exist however, for instance to study large magnitude
earthquakes in the vicinity of their sources.

The Jacobian matrix J can be decomposed into its symmetric and anti-symmetric part.
We have

1 1
J:§(J—|—JT)—|—§(J—JT):E+Q (2.18)
with
81 1 83: 8%1 1 81 82
e H{(2+5) H(2E+d)
o Ty _ 1 (Ou Oug ou 1 (Ou Ou,
=@ean= () W d(Be)| e
1 (Ouy | Oug 1 (0uy; , Ou Ouy
3 (G +%2) §<5§j+67y> B
and
1 (0u, 9 1 (Qugy _ Ous
0 (% - %) $(% -9
T 1 Duy 1(9 Gus
Q=-37) =45 -%) 0 $ (% -%) (2:20)
1 (auz _ 8u¢) 1 (8uz _ %) 0
2\ Oz 0z 2\ Oy 0z

The strain tensor € is defined as the symmetric part of the Jacobian matrix J.
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Interpretation

The effect of € and €2 might be illustrated by considering what happens to an infinitesimal
cube. The off-diagonal elements of € cause shear strain. Indeed, consider for instance a
2D case described in (z, z) coordinates. Assume € = 0. This implies ‘98“; = aa“;. Assume

in addition that %“; =0 and aé‘; = 0. In this case

0 Qe 0 6
J:e:(% ):< ) (2.91)
duz 0 0

where we introduce 6 = %. One can verify on Figure that this implies a shear
deformation of a square. In contrast, the matrix €2 causes a rigid rotation. For instance,

if € =0, we have %@z = _%;z and
0 G 0 6
T=0= (—%"z %Z ) - <—9 ()> (2.22)

The interpretation as a rigid rotation can again be seen in Figure In both examples,

5 H
L Il‘I T

e, —f—,

Figure 2.3: The different effects of the strain tensor € and the rotation tensor are illustrated
by the deformation of a square in the x — z plane. The off-diagonal component e cause
shear deformation (left square), whereas € causes rigid rotation (right square). Picture
from [Shearer| (2009).

the volume of the considered infinitesimal volume (or square in 2D) does not change.
The relative volume increase, or dilatation, A = (V — V;)/Vjp is given by the sum of the
extensions in all 3 directions z,y and z

Ouy  Ouy ~ Ou, .
=T = =V. 2.2
e + oy + P r(e) =divu=V.u (2.23)

A:

where we introduce the divergence operator div as the scalar product with the differential
operator V such that
0/0x
V=109/0y (2.24)
0/0z
Finally if we consider the curl of the displacement, which we denote using V x notation,
we have

1 (Ou, Ouy 1 /0u; Ou, 1 [(Ouy Oug
— = _ T - - b e 2.2
Vxu 2<0y 8Z>X+2<82 6w)y—|_2<0x 3y>z (225)
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where x,y,z are the unit vectors in direction respectively x,y and z. We observe that
Vxu = 0if and only if €2 = 0 which means that no rigid rotations occur in the displacement
field.

Of note, the same eigenvalue decomposition as for the stress tensor can be made for the
strain tensor. Except in the case where the principal strains are all equal, any deformation
will induce shear deformation. An example of this is provided in 2D in Figure where
an extension occurs only in the x direction, which could be represented as the diagonal

e o
€= ( . o> (2.26)

strain tensor

Figure 2.4: Simple extensional strain in the x direction results in shear strain; internal
angles are not preserved. Picture from |Shearer| (2009).

2.1.3 Stress-strain relation: the Hooke’s law
Definition, symmetries

The Hooke’s law describes the rheology of the elastic medium, by relating the stress and
strain tensors. The rheology can be elastic, plastic, visco-plastic, etc. In general, a Taylor
development of this law is written as

Oij = Uioj + Z Cijkl€kl + Z Z dijklmneklemn + 0(”6”3) (2.27)
kl

kl mn

Here, the small strain assumption states that the second order part of the rheology
law can be neglected, such that we keep only the linear part and the fourth-order tensor
cijki- We also neglect the zero-order term, which corresponds to the case of “pre-stressed”
medium: we will consider that the medium is at rest at time ¢t = 0. We thus have

Uij = Zcijklekb (228)
kl

As we have seen before, the stress and strain tensors are symmetric: the strain tensor is
symmetric by definition and the stress tensor is symmetric in the assumption of mechanic
equilibrium.

The symmetry of the stress tensor

0ij = Oji, (2.29)
together with Hooke's law implies that

Cijkl = Cjikl- (2.30)
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Similarly, the symmetry of the strain tensor
€kl = €k, (2.31)

also implies that
Cijkl = Cijlk- (2-32)

These two symmetries are called the minor symmetries. Also, it can be shown that the
stress-strain relation can be derived from an energy functional (Gould} 2013])

ou
i = . 2.33
Oij aeij ( )
Therefore oU
Zcijklﬁkl = 5 (2.34)
kl Y
then o
U
ikl = = 2.35
Cijkl 86” 8€kl ( )
The invariance regarding the order of derivation implies the major symmetry
Cijkl = Cklij- (2.36)

Using minor and major symmetries, the number of independent coefficients in the stiffness
tensor ¢;;; reduces to 21. Such kind of stiffness tensor describe generic, anisotropic media,
as is discussed later.

Isotropic media and mechanical parameters

In the case of isotropic media, the stiffness tensor c;;,; can be reduced to an even simpler
form as

Cijkt = N0ijOrr + p (0a0jk + dirdj1) (2.37)
where ¢;; is the Kronecker delta function defined by

1if i=j

0 else, (2.38)

51']':’

and A and p are the Lamé parameters. If we plug the expression (2.37)) in the stress-strain
relationship, we have

0ij = A0ij Y O+ 10 dudjners + 1Y Sirdjien (2.39)
Kl Kl K

which simplifies as

Oij = )\(51‘]‘ Z €kk T 20645 (2.40)
k
or
AT're + 2pe€11 2u€er12 2uers
g = 2#612 A're + 2#622 2#623 (2.41)
2pers 2pes AT're + 2pess

In this isotropic case, the two Lamé parameters describe completely the elastic properties.
The term p is the shear modulus and is a measure of the resistance of the material to



32 CHAPTER 2. FULL WAVEFORM MODELING

shearing. Its value is given by half of the ratio between the applied shear stress and the
resulting shear strain

Oy

= 2.42

h= 2, (2.42)

The A parameter has no simple physical explanation. Other sets of parameters are often

considered, in mechanics and seismology communities. The couple Young modulus and
shear modulus (F, i) can be considered for instance. In this case

3N+2
g BA+20)p (2.43)
At p
represents the ratio of extensional stress to the resulting extensional strain for a cylinder
being pulled on both ends. Another choice is considering bulk modulus and shear modulus
(K, pu) where

K=+ %,u (2.44)

The bulk modulus is the ratio between the hydrostatic pressure to the resulting volume
change, thereby a measure of material incompressibility. Another set of parameters is
Poisson’s ration and shear modulus (op, 1) where

op = 3 A (2.45)

A+ p)
The Poisson’s ratio represents the ratio of the lateral contraction of a cylinder (being
pulled on both ends) to its longitudinal extension. Finally, in seismology, a usual set of
parameters is P-wave and S-wave velocities, defined by

2
Vp— |22 vszﬂ (2.46)
P P

where p is the density of the material.
The Poisson’s ratio is often used as a measure of the relative size of P- and S-wave
velocities. It can be shown that

oo Vo2 (Vp/Ve) -2 (2.47)
P o(vE-vE) T 2(Vp/Vs)2 -2 '

Of note op is dimensionless and varies between 0 and 0.5. The upper limit represents a
fluid (1 = 0). From the definition of P- and S-wave velocities, one can see that P-waves
are always faster than S-waves. The minimum ratio between P- and S-wave velocities is
v/2 which occur at the limit when A = op = 0. A Poisson’s solid is defined as having
A = p, therefore 0 = 0.25 and Vp/Vg = V3. Most crustal rocks have a Poisson’s ratio
between 0.25 and 0.30. Finally, the Poisson’s ratio is very useful to detect the presence of
fluid, in which case the Poisson’s ratio increases.

2.1.4 Wave equation in an elastic medium

Now that we introduced the stress and strain tensor, and their relationship using the
Hooke’s law, we have all what we need to derive the equations representing the propagation
of waves in a solid medium. We consider an infinitesimal cube with a closed volume V
around x = (x1,x2,3), in the Cartesian coordinate system. As we have seen before, the
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forces exerted on each face of the cube are given by the product of the traction vector and
the surface area. For instance, the force on the plane normal to x1 can be represented as

on
F(x1) = t(x1)drodzrs = ox1 = | 021 | dwvadrs (2.48)
031

with F the force, t the traction vector and o the stress tensor. At equilibrium, we have seen
that we have F(—x;) = —F(x;). In this case there is no net force applied to the cube.
This corresponds to the case of an homogeneous stress tensor, which does not depend
on space: the same stress tensor describes what happens on left and right faces of the
infinitesimal cube. If there is no net force on the cube, then it remains at equilibrium and
no wave propagates. We are interested here in describing what happens away from this
equilibrium. To make this analysis, we need to make the assumption that the stress tensor
is no longer homogeneous. In this case, the net force applied to the cube from the planes
normal to x1 is given by

011

F<X1):8a$1 0921 dxldxgdl'g. (2.49)

031

Therefore, the total force from the stress field on all the faces of the cube is given by
>, 9o,
Z 87 xldl'gdm'g 1= 1, .3 (2.50)

We can also consider there is a volumetric force (body force) into the considered cube,
which corresponds to

% — fideydaydas, (2.51)

Finally, the mass m of the infinitesimal cube is given
m = pdxidradrs (2.52)

Now we apply the 2nd Newton’s law, equating the sum of the forces exerted on the cube
with the mass times the acceleration of the cube. We obtain

8211 bod
thus
82ui 3 (%Z-j
= i =1,...3 2.54
p o2 ~ Oz + fi, 1 ) ( )

The Newton’s law relates the displacement field to the stress field. We use the formerly
derived Hooke’s relation to close the system with an equation relating the stress field to
the displacement (through the strain field).

3
0 0
Oij = Z Cijki€kl = Z Cijkl 5 <813L:]; + 85,1) (2.55)

k=1 k=1
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We end up with the following system of elastodynamics equations

ao_l] .
L i=1,...3
Zaxj +fir i

g w0 (2.56)
U u . -
Zcz]kl <61:l axk) 1=1,...3 7=1,...3.

k=1

This system can be rewritten as the following velocity-stress system, which will be useful
to lead the analysis on hyperbolic systems in the next Section. We take a time derivative
of the stress-displacement equation, and substitute the particle displacement field u(x, t)
with the particle velocity field v(x,t) in both equations. We obtain

ov; 3 8UU
_ =1,
Por = 2a g, I 3

i=1 (2.57)

o Ou, Oy . .
— = — =1,...3 7=1,...3.
615 ];102]}9[ <8xl + al'k> y v ’ J ’

2.1.5 Solutions in an isotropic medium: P-waves and S-waves

If we substitute the stress with the displacement in the displacement-stress system ([2.56|)
we reduce the elastodynamic model to a system of 3 equations on the particle displacement

0%u; 9 Oouy,  Ouyg
— - ; f 2.58
P o ;axj (I;CW (81‘ +axk> Ji (2:58)
If we further assume the medium is isotropic and described with the Lamé parameters we
obtain
8uk 6u1 a’LLj
i 2.
8752 Z oz (MJ O, <axj + 83%)) (2:59)
therefore s s
0%u; 0 Ouy, 0 ou;  Ou;
i A ] —_ ! J 2.60
P02 = B ( Zaxk> T2 5, (” <axj * m«,-)) (2:60)
k=1 j=1
and

0%u; 2 0up ON o [Ou;  Ou;\ Op
Por ~ (; Ga:k) oz; +Z_: (axj * 8:1:Z'> Fral
= - (2.61)
0 8uk ou,; 8ui
by J
ox; ; axk Z Oz ( 8%)

We focus on the last term of this expression. We have

9 8“] 8”2 o 8U] aQul
,u,; 0z (83}@ + Ox;j ) 8;51 ; 8:1:] Z (2.62)

therefore we have

a Pui_ duy, dui; 0w\ dp 0 o Oup | o PPuy
a (Z 3xk> ox; +Z (8:@ + 8%) Ox; At p )89% Z:: oz +NJZ: Ox?

j=1
(2.63)
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This can be rewritten using vector notations as

9%*u

Pop = (diva)VA+ (Vu+ Vu”) Vi + (A + p) V (div u) + pAu (2.64)

where A is the Laplacian operator, such that

3 9%u;
(Au), = ; 022 (2.65)
We now use the vector identity
curl curl u = Vdiv u — Au (2.66)

where the curl operator is defined by

Ouy B ou,
Ou,  Ouy
Ouy Ou,
lu= — 2.
curl u o0, Ju. (2.67)
Ouy _ Ouy
Ouy  Ouy

We thus have

9%u

Pop = (divu)VA+ (Vu+ VuT) Vi + (A+2u) V (div u) — pcurl curl u (2.68)

The two first term on the right hand side depends on the gradient of the medium

properties, here the Lamé parameters A and pu. We here assume that the medium is

homogeneous so that these gradient vanish. In practice this will of course not be the case:

the subsurface is heterogeneous. But here we consider this canonical case to identify the
type of waves which propagate in an isotropic elastic medium.

Using this simplifying assumption, we obtain
2u
PoE = (A4 2u) V (div u) — pcurl curl u (2.69)

We now apply the Helmholtz-Hodge decomposition theorem, which states that for
sufficiently regular function on a connex domain with sufficiently smooth boundary, we
can always decompose a vector field u(x,t) into the gradient of a scalar potential field
¥ (x,t) and the curl of a vector potential field W(x,¢) such that

u(x,t) = Vio(x,t) + curl ¥(x,t), div¥ =0. (2.70)

Replacing u with this decomposition in (2.69)) yields

p62 (V) + curl W)

50 = (A +2p) V (div V¢ + div curl ¥) — pcurl curl (Vi) 4 curl ®)

(2.71)
We now use the identities

curl (V) =0, div(curl ) =0, div Vi = A, (2.72)
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We thus obtain

0% 0*w
\Y <p8t2> -V (A +2p) Ay) = —curl (,08752> — pcurl curl curl ¥ (2.73)
Taking into account (2.66) we see that
curl (curl curl ¥) = curl Vdiv ¥ — curl A¥ = —curl AW. (2.74)
Therefore
0% 0w
\% <p8752> — V(A +2u) Ay) = —curl (pat2) + curl pAW (2.75)
which we can rewrite as
0?1 0w
— — 2u) A | = —curl — — AW 2.
V<pat2 (A+2p) w) cur <p 52 M > (2.76)

The latter equation is very important. One solution to this equation is to cancel simul-
taneously the left and right hand side, which yields one equation on the scalar potential

(4

0% A+2u
_ A =0 2.77
G~ o AD =0 (277
and one equation on the vector potential ¥
0’w
— == 2.
92 P (2.78)

Both are wave equations. The first describes the propagation of pressure waves at speed

Vp such that
A+ 2
Vp =/ J; p (2.79)

The second describes the propagation of shear-waves at speed Vg such that

Vg = \/z (2.80)

From this derivation, we observe that the displacement field separates into two inde-
pendent contributions:

e A scalar potential field ¢, associated with dilation/compression deformations of the
medium. These correspond to P-waves (primary or compression waves). In this
mode, particles oscillate in the same direction as the wave propagation, leading to
alternating compression and dilatation of the medium (Stein and Wysession, 2003)).
An illustration of the particle displacement associated with the P-wave compared to
the propagation direction is given in Figure [2.5

e A divergence-free vector potential field 1, associated with shearing deformations
of the medium. These correspond to S-waves (secondary or shear waves). In this
mode, particle motion is perpendicular to the propagation direction, resulting in
shear strains without any volume change (Stein and Wysession) 2003). In Figure
[2.5] we illustrate the particle motion associated with the S-wave. For this reason, S-
waves are also called transverse waves. The plane perpendicular to the propagation
direction in which S-waves oscillate determines their type. If the motion occurs in a
vertical plane, the wave is called an SV-wave; if it occurs in a horizontal plane, it is
referred to as an SH-wave.
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Figure 2.5: Schematic illustration of particle motion associated with seismic body waves
relative to the propagation direction. P-waves (top) produce particle displacements parallel
to the propagation direction, alternating between compression and dilation of the medium.
S-waves (bottom) induce particle motion perpendicular to the propagation direction, either
in the vertical plane (SV-waves) or in the horizontal plane (SH-waves). Figure from|Grange]

(2025)).

2.1.6 Surface waves

The analysis of the elastodynamics equations in an isotropic medium makes it possible
to identify to modes of propagation: one mode aligned with the direction of propagation
(P-waves), one mode where the displacement is in a plane orthogonal to the direction of
propagation (S-waves).

The propagation of these two modes give birth to specific interface waves at the phys-
ical boundaries of the domain of propagation. A good illustration of such interface is the
surface/subsurface interface, that is the boundary between the solid Earth and the atmo-
sphere. A this interface, the traction vector vanishes, and the surface is considered to be
able to move freely, hence the terminology of “free surface” condition. This conditions
translates mathematically as

The traction vector T acting along a direction represented by a normalized three-
dimensional vector n, given a particular stress tensor o is obtained as

t =on =0, (2.81)

where n is the unit vector normal to the surface. Assuming the topography is flat (flat
free surface), and the normal points upward, we have

n=1[001]" (2.82)
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and thus the free surface condition translates into
013 =0, 093 =0, o33 =0. (2.83)

We see that the free surface also follows the definition of a surface which is subject to zero
normal stress and zero parallel shear stress. This boundary condition plays a central role in
seismic wave propagation because it modifies the way body waves (P and S waves) interact
with the surface. Instead of simply being reflected, part of their energy is converted into
a distinct class of waves that are trapped near the surface, which hence are called surface
waves.

The first type of surface wave is Rayleighl (1887) wave. It can be shown that the
velocity Vi of Rayleigh waves is always lower than the S-wave velocity V, (Landau and
Lifchitzl, [1967). In a homogeneous medium with a flat free surface, Rayleigh waves are
non-dispersive, meaning that their phase velocity is independent of frequency and Vi =~
0.919V; in a material with a Poisson’s ratio of v ~ 0.25. In contrast, if the medium
exhibits near-surface heterogeneities, Rayleigh waves become dispersive. Similarly, in the
case of a non-flat topography, even in a homogeneous medium, Rayleigh waves are also
dispersive (Pilant, [1979). In Figure we illustrate the particle displacement associated
with this wave relative to the direction of propagation. It shows that the particle motion
at the free surface is elliptical, producing a deformation of the ground. Rayleigh waves
can be observed in seismic recordings on both the vertical component and the horizontal
component parallel to the propagation direction.

The second type of surface wave is the [Love| (1911) wave. Its particle motion is trans-
verse and confined to the horizontal plane, i.e., perpendicular to the direction of prop-
agation, as illustrated in Figure Consequently, Love waves are observed exclusively
on the horizontal component perpendicular to the propagation direction in 3-component
seismograms. Unlike Rayleigh waves, they cannot exist in a homogeneous medium, even
in the presence of surface topography. They only arise in stratified media, where an upper
layer with different elastic properties overlies a half-space. Furthermore, when they exist,
Love waves are inherently dispersive. More in details, Love waves result from interferences
between incident, reflected and refracted S-H waves in an heterogeneous zone close to the
surface. These waves do not exist in homogeneous media. We have

Vs1 < Vi, < Vso, (2.84)

Vg1 and Vso being the S-wave velocities of the two layers close from the surface, and V7,
being the velocity of Love waves.

Compared with P-wave and S-waves, which are volumetric waves, surface waves (Rayleigh
and Love waves) only propagate along the surface. They can have catastrophic effects when
earthquakes occurs: these are the most destructive waves as they shake the surface. They
have a very low penetration depth: the energy remains concentrated along the surface. In
terms of imaging and seismic recordings, they dominate volumetric waves in terms of am-
plitudes. For specific targets (in particular at exploration scale) they can be detrimental
to imaging as they hide the signal associated with volumetric waves and carry information
only on the near surface. In this case they are considered as noise (ground roll) and specific
surface waves removal algorithm are employed to remove their imprint from the data.

2.1.7 Anisotropy

We have seen that rhe rheology of the medium is described by the stiffness tensor c;jx;.
To analyze in details wave propagation, we have considered for now an isotropic medium,
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Figure 2.6: Schematic illustration of particle motion associated with each type of surface
wave relative to the propagation direction. Rayleigh waves (left) produce elliptical motion
in the vertical plane parallel to propagation, while Love waves (right) induce transverse
motion in the horizontal plane, perpendicular to propagation. This Figure is taken from
Wikipedia.

which can be described by stiffness tensor with 2 independent coefficient. In this approx-
imation, velocity of waves does not depend on the direction of propagation.

When anisotropy is considered, the P-wave and S-wave velocities depend on the direc-
tion of propagation. This dependence is described by symmetries of increasing complexity.
The first type of anisotropy, which is the one most often considered in practice in seismic
exploration, is called transverse isotropy (TI). In this symmetry, there is one preferred di-
rection, along which the velocity differs, compared to the velocity in the plane orthogonal
to this direction. If this preferred direction is aligned with the vertical axis in a Cartesian
coordinate system, we speak of Vertical Transverse Isotropy (VTI). If it is aligned with
one of the horizontal axis (z or y) we speak of Horizontal Transvere Isotropy (HTT). Both
VTI and HTI anisotropy require 5 independent coefficients in the stiffness tensor to be
described. If the preferred direction is not aligned with any of the Cartesian coordinate
axis, then we speak of Tilted Transverse Isotropy (TTI) and 2 additional independent
coefficient (corresponding to 2 angles) are required in the stiffness tensor to describe this
anisotropy.

Such kind of anisotropy is for instance observed in case of thin layering. A vertical pile
of thin layers, each layer aligned with the (x,y) plane, of thickness significantly smaller
than the wavelength, will produce an “equivalent” smooth VTI medium. If the layers are
aligned along a (x, z) or (y, z) plane and piled in the y or x direction, this gives rise to an
“equivalent” smooth HTI medium. If such layers pile with a tilt angle, this gives rise to an
“equivalent” smooth TTI medium. The notion of “equivalent” smooth anisotropic medium
is not developed in this course, it is associated with the theory of homogenization of elastic
material (see for instance Bensoussan et al., [1978; (Capdeville et al., [2020). Illustration of
VTI, HTI, and TTI anisotropy is provided in Figure

A higher level of symmetry involve orthorombic anisotropy. The orthorhombic anisotropy
is defined by three mutually orthogonal planes of symmetry leading to 9 independent co-
efficients if these planes are aligned with the coordinate axis (Tsvankin, 2005). This is
illustrated in Figure In this symmetry, the velocities will be decomposed between
one vertical velocity (aligned with z), and two horizontal velocities (aligned with x and y
respectively). Such kind of anisotropy can be observed for instance in environment com-
bining vertical piles of horizontal layers, and network of cracks or fractures aligned with
one of the horizontal direction (z or y).

The most complex anisotropy type is called triclinic anisotropy, which requires 21
independent coefficient to be described. In this general case, there is no specific symmetry
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Ca) VTI (b) HTI

Figure 2.7: Ilustration of VTI, HTI, and TTI anisotropy. Liu, Zheng-
ping Zhu, Renfang Pan, Bole Gao and Jineng Jin - Analysis of AVAZ Seis-
mic Forward Modeling of Fracture-Cavity Reservoirs of the Dengying Forma-
tion, Central Sichuan Basin. http://doi.org/10.3390/en15145022, CC BY 4.0,
https://commons.wikimedia.org/w/index.php?curid=153532663
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Figure 2.8: Illustration of orthoroombic anisotropy.

involved, apart the minor and major symmetries of the stiffness tensor, which come from
the definition of the strain and stress tensor and energy based considerations. In triclinic
anisotropy, the velocities depend on the three direction of spaces, with no specific alignment
on the Cartesian coordinates.

The origin of anisotropy can be intrinsic to the medium: the mineral composition for
instance makes naturally emerge preferred orientations. It can be extrinsic: thin layering
for instance. Piling up thin horizontal layers, with layers thickness much smaller than the
propagated wavelength, result in a medium which is “seen” as VTI by the waves prop-
agating inside it. The theory of homogeneization tells us that for any finite-frequency
propagation in an elastic medium, the “effective” medium seen by the waves propagating
inside it is actually anisotropic. The Earth is such that there is a continuous wavenum-
ber spectrum in terms of heterogeneities. Independently of the frequency band which
is propagated inside it, there will alway be heterogeneities smaller than the propagated
wavelenghts. These heterogeneities will be seen in practice as an anisotropy.
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2.1.8 Acoustic approximation

41

Some applications at the exploration scale rely on the acoustic approximation, because
sensors and sources are located in a water layer, where shear waves do not propagate.
In this case, at first approximation, modeling only compression waves (P-waves) under
the acoustic approximation is a useful pragmatic choice. Here we review how to derive
acoustic equations from the elastodynamic equations.

Let us first rewrite the isotropic elastodynamics system in velocity-stress formulation
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(2.85)

If we neglect all shear effects, the elastodynamics system of equations boils down to the

acoustic system. Setting g = 0 in the previous system yields automatically

0y, =0, 0z, =0, 04y =0.

(2.86)
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This yields
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(2.87)
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We introduce P as P = 0., = 0yy = 0, and obtain
( Ovg 100,
o poe T
vy 1 0oy,
ot p Oy NEL
(2.88)
ov, 1802,2 Lt
ot p 0z N
oP Ovy vy ov, Oop
il Tz Yoy 0
ot ar oy e T o
We can also rewrite A in terms of Vp in the acoustic case as
= pV3 (2.89)
and we obtain the compact form of the acoustic equations
1
w ign
ot p
(2.90)
E — VP le(U) = 875

2.2 Considerations on first-order hyperbolic systems

We have seen that the minor and major symmetries grouped together makes the number
of independent coefficients in the Hooke’s tensor reduce from 81 to 21. These symmetries
are exploited by the Voigt’s notations to avoid manipulating 4th order tensors and recast
the Hooke’s law as a matrix vector product. The Voigt’s notations are expressed as the

following correspondance between indices:

11 51,2252 33-53,23 >4, 1355, 12— 6.

(2.91)
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This makes o and € expressible as 6 components vectors

0 = [o11 092 033 023 013 012)" = |01 09 03 04 05 0], (2.92)

€ = [€11 €22 €33 2€93 2¢€13 2612]T = [€1 €2 €3 €4 €5 eG]T. (2.93)

The product of the 4th order stiffness matrix c;;jx; and the 2nd order stress tensor o;; in
the Hooke’s law [2.55] can be rewritten as the matrix-vector product

o = Ce, (2.94)

with
Cii Ci2 Ci3 Cuu Ci5 Cis
O Ca3 Coy (o U
Cs3 C3q C35 Csg

C = , 2.95
Cua Cus5 Cus (2.95)
Cs5 Cse
Cee
and the same rule for the coefficients of C
C11 = c1111, C12 = c1122, C13 = 1133, C14 = c1123, C15 = 1113, C16 = Ci112- (2.96)

For instance

0923 = § Co3kI€RI = C2311€11 + C2322€22 + C2333€33 + 2 (C2312€12 + C2313€13 + C2323€23) , (2.97)
kl

yields
04 = Cp1€1 + Cyoeg + Cyzez + Cypeg + Cyses + Cyqey. (2.98)

We introduce the matrix operator D as

8.1‘1 0 0 0 833‘3 61‘2
D=0 0xa 0 OJzxz 0 O0z1]. (2.99)
0 0 61'3 81‘2 8:1:1 0

We have
e = DT, (2.100)
and also
0%u
Gathering equations we obtain
ov
— —Do=F
Par — 77
(2.102)
9o _ CcDTy =0

ot

We first introduce the following definition.
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Definition 1. A first-order hyperbolic system is a system of partial differential equations
which can be put under the form

A A5+ Ag(ay = (2.103)
1 J

where w(z,t) € RP, p € N, (z,t) € RT x RT, A;(z) € My(R), j=0,...,d. Here M,(R)
denotes the ensemble of square real matrices of size p.

The general system of elastodynamics equations can be put under the form of a general
first-order hyperbolic system with

w(w,t) = [v(z,t) ofz,t)]" € R,
3 1
ow 0 ~D
Ai(x)— = P .
jz::l J(:c)axj (CDT X ) w, (2.104)
[ Ao(z) =0.
We can transform this hyperbolic system in a simpler form to study its properties. We
have

ow 0o D ip

- p =7 2.1

at (CDT 0 > b <6g:> (2.105)

By definition of the stiffness tensor, we know that C' is symmetric positive definite. We
introduce the compliance matrix S(z) = C(z)~*. We then have

ply 0) Ow <0 D> ( F )
- w=( 50 (2.106)
(o S) ot \DT 0 S%-

which can be rewritten as

~Ow ow ~
— J
where
~ I3 0 0 D; ~ F
S:<p3 >,X-:< T J),F:( Uo) (2.108)
0 S V2 S%-
and

(2.109)

The system is interesting as we can prove easily an energy estimate. More precisely,

we can prove that the norm of the solution at a time ¢ only depends on the norm of the

solution at time 0 if we consider a Cauchy problem with homogeneous Dirichlet boundary
conditions
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Theorem 1. Consider the following Cauchy problem on € x [0,T] with Q@ C R?® and
T e R

S——ZX-% =0, (z,t) €Qx[0,T],
1

(2.110)
Ve € Q, w(x,0) = wy(x),

(| Vo €0Q, Vte|0,T], w(z,t)=0.

The L? norm at time t of the solution w of this Cauchy problem, we denote as |w(.,t)|,

is controlled by ||wo]|:
K Ry, w(.t)] < Klwol (2.111)

Proof. We recall the definition of the L? norm here. For two functions defined on L?(£2),
u(x) and v(z), the L? scalar product is defined by

(u,v) = / u(x)v(x)dz, (2.112)
Q
and the L? norm is the norm induced by this scalar product
[ul® = (u,u). (2.113)
We thus have
lw(., )] = /QwQ(x,t)dx. (2.114)

We first note that the matrix S (z) is symmetric positive definite by construction, as
the compliance matrix S(z) is symmetric positive definite.

Therefore, S(z) induces a scalar product and a norm on L?(Q) which we will denote
as (.,.)g and [|.||z respectively

(u,0)5 = (Su,v), |lullg= (u,u)g = (Su,u). (2.115)

Then we consider the quantity |w(., t)||% We are interested in evaluating its variation
with respect to time. We have

d 5  d ow ow ~o0w ~  Ow
— . t = —_— _— = Si S -
o= 5 wws = (Grw) + (0.50) = (850)+ (50.5).

_ (2.116)
We replace S %—‘f in the first term only, using the hyperbolic system. We obtain

d ) Ow ow
w15 ija W +<Sw (%) (2.117)

The linearity of the scalar product makes possible to rewrite this equation as

3

d 2 _ Ow Sw, 2
(ﬁHwQJHk-§:<X}a%,w>—%<Sw,at). (2.118)

Jj=1

Using the symmetry of the matrices X; we have

4 t)H2—ZS: M ) + (Gw, 28 (2.119)
dt w\ ., S;— agj‘]7 ]U) w, 875 . .

=1
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Using integration by parts now, and the fact that we assume homogeneous Dirichlet
boundary condition, we have

d 3 0X;w ~  Jw
@Ilw(-,t)llé =) <w, o ) + (Sw, m) : (2.120)
J

j=1

We now use the fact that the matrices X; do not depend on space (their coefficients
are constant). Therefore we have

d 9 > ow ~  Ow
a|yw(.,1t)||§=—z w, Xjo— )+ Sw, 5. (2.121)
=1 ’

Using now the symmetry of S and the linearity of the scalar product we obtain
d ~0w 3 ow
—Jlw(., t)||% = — =y X;—|. 2.122
il DlE = w 55 E T (2.122)

As w is the solution of the Cauchy problem (2.110)), we have

d
@Hw(.,t)H% =0. (2.123)

Therefore, we have conservation of the S norm of the solution along time, which means
that
vt € (0,77, [w(.,t)[F = llw(., 0)IF = llwoll%- (2.124)

To end the proof, we use the following theorem on the equivalence of norm on L?((2).
There exists (K71, K2) € R} x R% such that

vu e L2(Q), Killul| < |lullg < Kallul. (2.125)
Therefore we have
1 1 Ky
SO < —Jlw(, 1)]|E = —|lwol% < ==||woll? 2.126
P < gt = - ol < 22 ol (2.120)
which proves the theorem with
Ko
K=/—. 2.127
= (2.127)
O

2.3 Absorbing boundary conditions

2.3.1 Simple 1D acoustic example

The first category of methods to address the boundary conditions problem is the design
of absorbing boundary conditions. The philosophy here is to prescribe specific boundary
conditions on the edges of the computation domain so as to minimize the energy of reflected
waves.
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Let us introduce this concept in the simple frame of 1D acoustic wave equation. With
these assumptions, (2.90) rewrites

ov 10P
ot pox
(2.128)
oP 9 0V
o "ot
We can rewrite (2.128)) as a second-order in time partial differential equation on the pres-

sure field only. We first derive the second equation in time and replace %7; inside it using

the first equation. This yields

2P, 9 [10P
—_ — =) = 2.12
a2~ " oz <p 8:U> % (2.129)
with of
= —=. 2.1
5= 2 (2.130)

We will further assume the density is constant to make things even simpler. In this
case the 1D acoustic equation boils down to the simple 1D scalar wave equation

0P ,0°P
W —C W =S, (2131)
Interestingly, (2.131]) can be factorized as
0 0 0 0
— —c— | | = — | P=s. 2.132
<8t Caa:> (at +08w> s (2.182)
Assuming the source is localized in space, we have, away from the source
0 0 0 0
— —c— — — | P=0 2.133
<at Cam) (at +Cagc> ’ (2.133)

which implies that the general solution of (2.131)) is the superposition of

e 1 wave traveling in the direction = > 0, at speed c, solution of

0 0
— —c— | P=0. 2.134
<8t Cax) ( )
e 1 wave traveling in the direction x < 0, at speed ¢, solution of
0 0
—4+c— | P=0. 2.1
(875 + c@x) 0 (2.135)

To define proper absorbing boundary conditions, it is thus sufficient to impose on each
edge that the component traveling inward should be equal to 0. In this case, if we denote
the 1D medium by the segment [—L L] C R, we would impose

OP oP
E(Lvt) + C%(L»t) =0,
(2.136)
P P
i L )

ot ox
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In practice, these conditions can still be imposed in multi-dimensional context. If we
consider for instance the acoustic system , we can impose this type of absorbing
boundary conditions on each side of the volume where we would like to mimic a transparent
wall. In this context however, this type of boundary conditions will be exact only for waves
arriving at normal incidence with velocity c. For waves arriving at grazing incidence, the
reflection coefficient will not be negligible, resulting in spurious reflections.

2.3.2 Generalization to elastodynamics

How does this generalize to more complex elastodynamics equations? To answer this
question it is enough to go back to the general hyperbolic form of the elastodynamics
equations (2.103)). The first step is to symmetrize the system. We introduce the following
definition

Definition 2. A hyperbolic system is symmetrizable if and only if there exists a symmetric
positive definite matriz S(z) such that

(SA)T =84;, j=1,...,d (2.137)

We can first prove that S that we have introduced previously is a symmetrizer for our
system of elastodynamics equations. Indeed we have demonstrated that we could write it
as

ow ow  ~
—_— - Xj—=F 2.138
t Z J aébj ’ ( )
J=1
which is equivalent to
&”—23:5—1)(0“’—? (2.139)
ot - Jal’j - '
J=1
The latter expression is the general form with
A; = S71X; (2.140)

As X are symmetric matrices, Sisa symmetrizer for our elastodynamics system.
Now consider a generic symmetrizer S, with square root B such that S = BTB for a
general hyperbolic system of the form

8“ ZAJ@ + Agu = f. (2.141)

To symmetrize the general first-order hyperbolic system, we first multiply by B to obtain

0 (Bu) ou
o ; BA; I ous + BAgu = Bf (2.142)
Next we rely on the identity
a1 2P _ g 136—“ +a,B198, (2.143)
al'j 6 81‘j
that is 9(B 9 8B
BA;B™! (BY) _ gy, + BA;B™! (2.144)

a$]’ J 8 8l‘j
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Therefore 5 5(B OB
BAj o~ = BA;B (Bu) _ pa,p198,
8 al'j 8$j
and finally
BA; % _pa,p12BY _py 198 g,
7o, Dx; bx;

In the same spirit we have
BAyu = BAyB™'Bu
and we can rewrite the system as

8 (Bu)
ot

9 (Bu) & OB __ _
1 . 1 1
+ ; 1: BA;B~ 8% 221: BAjg, B\ Bu+ BAB ™ Bu=Bf

Introducing w = Bwu this yields

ow d ow 0B
1 ow
8t+j§lBA]B E BA B lw+ BAyB ™ 'w = Bf

which we can rewrite as

ZA +Eo Bf

with
\B 1 0B

Aj = BA;B™', Ay = BAyB™! ZBA 5
Lj

7j=1

95 p

The matrices Zj = BA;B —! are symmetric.

Proof.
3c >0, SA; =CTcC.
Therefore
A;=B"'B7TC0"C,
and

BA;B' =B TcTcB ' = (¢B Y ¢B,

49

(2.145)

(2.146)

(2.147)

(2.148)

(2.149)

(2.150)

(2.151)

(2.152)

(2.153)

(2.154)
O

This shows that if a symmetrizer exists, it can be used to define a change of variables
such that with this new variables we have a symmetric hyperbolic system. To capture
the different components of the solution traveling at different speeds on a symmetrized

hyperbolic system, it is then sufficient

e to compute the eigenvalues o of the matrices A;: this gives the velocities of the

different phases traveling in the medium

e to compute the eigenvectors associated with these eigenvalues: the projection of the
solution on the eigenspace Ker(I — ;1 A;) gives the quantity traveling at speed oy,

in the direction j.
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e On a specific border, we apply the same method as previously: the absorbing bound-
ary conditions consists in canceling the components traveling inward.

We do not intend to prove formally the previous results. Alternatively, we are going to
test if this strategy gives consistent results for the previous 1D acoustic system. We start

with the velocity stress equations (2.128))
In this case we have

o 1
=wPT A= p Ay = 2.1
u=[vP], <p02 0>’ 0=0 (2.155)
A symmetrizer for A is
piet 0 2.1
5= (7 9). s
A square root B of the symmetrizer is thus
1
_(pc O 1 _ (e 0
s (0, 5= (3 9. s
Symmetrizing the 1D velocity-stress acoustic system thus yields
J0(Bu) _10(Bu) 0B __,
— BAB™" ——~+ BAB ™ —B " (Bu)=0 2.158
o1 gr oz 0 (BY) (2.158)
We have 8(pc)
(0) papr_ (0 €Y 9B _ (% o
Bu—<P),BAB _<c O>’ ax_<0 0 (2.159)
and thus
0B 0 0
BAB'— = 2.160
O (Cﬂ(ap;c) 0) ) ( )
and
0B 0 0
BAB'——B7'= c 2.161
If we expand the symmetric system, we have
0 (pev) o°rP
o “or
(2.162)
OP  O(pcv) = 10(pc)
or z =0
o ox p Ox (pev)
This is equivalent to
ov_10P _
ot  poxr
(2.163)
oP 90V d(pc) 1 9(pe)
— — pf— — - =0
o " ow “or Ut 0w PV
Therefore this is equivalent to
Ov_10P
ot  pox
(2.164)
oP 5 OV
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We recover the previously analyzed first-order 1D acoustic velocity-stress system ([2.128)),
which is consistent (safety check!)

Let us now analyze the eigenvalues of the symmetrized system. We can obtain the eigen-
values of BAB~! by solving

det(BAB™ — XI,) =0 (2.165)
which gives
det <_CX _CX> =0 (2.166)
that is
X2 =0 (2.167)
Therefore BAB™! has two eigenvalues: A\ = ¢, \y = —c. This gives two velocities, one

propagating to the left at speed ¢, the other propagating to the right at the same speed c.
This is already consistent with what we observed previously with the factorization of the
1D equation as two transport equations (2.134)) and (2.135)).

Now we compute the corresponding eigenvectors e; and es. Let us start with e;. We
solve the linear system

BAB 'z = cx (2.168)
which gives
erz = o (2.169)
cry = cT9 )

Therefore 1 = x9 and we can define e; as e; = [1 l]T. For ez we solve the linear system

BAB 'z = —cx (2.170)
which gives
{ etz = Ten (2.171)
Cr1T = —CXI2
Therefore 21 = —x5 and we can define ey as e; = [1 — 1]7.

The projectors on the corresponding eigenspaces are

70

P = G i) , Py = (_11 _11> (2.173)

The projection of the solution u on Ker(I — a3 BAB™1) is given by

+P
Py (Bu) = (’;EZ N P) (2.174)

which gives

The condition on the right boundary is thus
pcv(L,t) + P(L,t) =0 (2.175)
Deriving this condition in time gives

ov oP
— (L —(L,t) = 2.1
pcat( 1)+ 8t( 1) =0 (2.176)
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Replacing %(L,t) with equation (2.128]) gives
oP oP
—(L,t) + —(L,t) = 2.1
o (Lot) + 5 (L) =0 (2.177)

which is consistent with the previously derived absorbing boundary condition for the 1D

acoustic system ([2.136|).

If we look at the condition on the left boundary we have

pcv(—L,t) — P(—L,t) =0 (2.178)
Similarly
v oP
—(—-L,t) — —(—-L,t) =0 2.179
peoe (L)~ T (L) (2,179
and replacing %(—L,t) with equation (2.128)) gives
oP oP
—(=L,t) — —(=L,t) =0 2.180
A RL-AE N (2.180)

which is also consistent with the previously derived absorbing boundary condition for the

1D acoustic system (2.136]).

2.3.3 Higher order absorbing boundary conditions

The absorbing boundary conditions we have presented so far are first-order absorbing
boundary conditions (based on first order derivatives). The efficiency of such approach is
known to be relatively limited. For waves arriving at normal incidence on the interfaces,
the reflection coefficient is close to 0 (up to discretization error). However, as soon as the
incidence angle vary from the normal, the reflection coefficient becomes not negligible, the
worst case being waves arriving at grazing angles.

To improve the efficiency of absorbing boundary conditions, a considerable research
work, mainly in the applied math community, has been devoted to the design of higher
order absorbing boundary conditions (Collino, 1993). After years of investigation, it turns
out that improved accuracy can be obtained, however to the cost of potentially cum-
bersome implementation, and with particularities associated with the wave propagation
problems of interest (while we have seen that first-order absorbing boundary conditions
can be generalized easily to any symmetrizable hyperbolic systems). The main issue is
that the use of high order derivatives operator loses the locality property of the boundary
conditions. Non-local operators yields difficulties in terms of implementation, especially
when parallelism through domain decomposition is involved.

In practice, another class of strategies, named absorbing layers, has emerged. We
present it in the next section.

2.3.4 Absorbing layers

Sponge layers

The leading concept behind absorbing layers is rather simple. Instead of specifying bound-
ary conditions, a layer is added around the domain of interest in which an artificial damp-
ing coefficient is introduced. In terms of mathematics, it amounts to introduce a diagonal
zero-order term in the original hyperbolic system ([2.103))

ou & 9
S+ ; Aj@)a% + Ao(@)u + o(z)u = f (2.181)
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The function o(z) is referred to as a damping function. This function should be 0 in
the domain of interest, and growth smoothly in the layer. Basics formula are based on
polynomial, cosine, or exponential functions.

This relatively basic strategy is known as sponge layer technique. It has been intro-
duced by [Cerjan et al.| (1985)) using a practitioner approach. In practice it is uncondition-
ally stable however it generates also non negligible artificial reflections at the boundaries,
where the damping function o(x) transition from 0 to non-zero positive values.

Perfectly Matched Layers

A more elaborate layer method, named as perfectly matched layer (PML) has been intro-
duced by Bérenger| (1994) for electromagnetic (Maxwell’s equation). Contrary to sponge
layers, PML have the property to yield null reflection coefficient at the interface between
the domain of the interest and the absorbing layer. This technique relies on the definition
of a split PDE system in the layer, coupled with the original PDE system in the domain of
interest. The description of this method is beyond the scope of this course, however inter-
ested reader might refer to|Collino and Tsogka| (2001) for an introduction of this method
in the frame of elastodynamics equations.

One difficulty with PML is their potential instability as soon as anisotropic media are
considered. They are also originally designed for first-order hyperbolic systems, which are
not the one numerical methods solve in practice (see next Section . The definition of
PML equations for second-order in time systems is more involved in terms of implemen-
tation. For these two reasons, in practice, for elastodynamics equations, a combination
of sponge layers and first-order absorbing conditions is used. The first-order absorbing
boundary condition is defined at the external border of the sponge layers. This combina-
tion makes possible to efficiently damp outgoing waves using moderately thick layers. The
accuracy is controlled by the thickness layer.
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2.4 Computing numerical approximation of solutions of the
elastodynamic equations

In general a very good book to make the first step towards implementation of numerical
schemes for the solution of elastodynamics equations is the one by Heiner Igel (Igel, [2017)).

2.4.1 Generalities

The elastodynamics equations which have been introduced and analyzed so far do not
exhibit analytical solutions unless in very specific cases, namely in homogeneous media. As
soon as the property of the medium, namely the density and the stiffness tensor coefficients,
depend on space, no simple analytical solution can be found.

Solving these equations thus need to rely on numerical approximations. Four main
families of numerical methods for solving partial differential equations might be identified

e the finite difference method;

e the spectral or pseudo-spectral method;
e the finite element method;

e the finite volume method.

Finite difference is the simplest numerical strategy among this four. It relies on the
computation of the solution on the nodes of a predefined Cartesian grid. The partial
differential operators are approximated on this grid, using formulas based on Taylor’s de-
velopment of the solution (therefore assuming sufficient regularity of the solution, at least
up to the order of the method which is used).

The pseudo-spectral method relies on a Fourier expansion of the solution to compute
its spatial derivatives, while the discretization in the time domain remains similar as for
finite difference method. This makes possible to compute the spatial derivatives up to ma-
chine precision, however it requires intensive use of Fourier and inverse Fourier transform
(which can be done through fast Fourier transform algorithms). The pseudo-spectral is
not really used nowadays because the spatial derivative operator approximations are done
globally and would require communication between all the points of the grid in a parallel
environment. This non-locality makes it not possible to be used on parallel computing
platforms, which is the state-of-the-art for nowadays realistic scale applications.

The finite element method relies on the decomposition of the solution on a certain basis
of polynomial of arbitrary orders, and the design of a mesh on which are attached this
polynomial. Depending on the type of mesh and the type of basis which are used, different
flavors of finite element strategy can be derived. Finite element methods are very power-
ful, however less easy to implement than finite-difference methods. One key advantage is
the ability to adapt the mesh to specific interfaces (free surface, internal discontinuities)
which is not possible using a conventional finite difference method on a Cartesian mesh.

The finite volume method is designed for the solution of partial differential equations
for which the solution is known to exhibit discontinuities. Excepted specific cases for wave
propagation in the subsurface, this situation is not met and finite volume methods are not
used in this frame.
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In this Section we will illustrate how the finite-difference method can be used efficiently
to solve acoustic equations. This method is very powerful for marine environment with
flat topography where the free surface can be imposed very easily.

We will then introduce how a specific finite element methods, namely the spectral
element method (not to be confused with pseudo-spectral methods), can be used to ap-
proximate the solution of general elastodynamics equations. In this case, the ability of this
finite element method to account for varying topography, in conjunction with a specific
choice of polynomial basis to represent the solution, makes it particularly powerful to solve
elastodynamics equations. This latter method is now the state of the art in seismology to
solve elastodynamics equations.

2.4.2 Finite-differences
Constant density acoustic equations

For the sake of simplicity we consider here the constant-density acoustic equations we have
already introduced (2.131)) in 1D. In 3D, we obtain

o*p
T AP = s (2.182)
where A is the Laplacian operator
0? 0? 0?
- .2 . Z 2.183
Ox? + oy? + 022 ( )
and s is a generic pressure source term.
The domain of interest is
QC R (2.184)
We assume zero initial conditions
oP
P(z,y,z,0) =0, E(x,y,z,()) =0, (2.185)

and homogeneous Dirichlet boundary conditions
V(z,y,2) € 00, P(z,y,z,t) =0, (2.186)

where 02 denotes the boundary of €.

Second-order finite difference of second-order derivatives

We recall the definition of the notation u(z) = o (v(x)):

h—0
u(z) = C’:go(v(nv)) = il_}n% ZEB =0 (2.187)

The Taylor development formula for a given function f(x) which is C* is

1" (n)
flx+h) = f(x)—l—hf’(x)—l—thQ(!x)—I—--'+h"fn!(x)+hgo(h”)

(2.188)

f"(x)
2l

DT L

n! h—0

fle=h) = f(z)—hf'(x)+n? +o 4 (=h)
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By summation of these two developments we get

4
Fla b+ Fw—h) = 26() + 2" (@) + @)+ o (h), (2.189)
Therefore
xr — Xz xr — 2
fray = LEH R RO ET@ ) 0y 4 o0 12), 2100

which is a second-order approximation of f”(z). This is the formula we will use to ap-
proximate the solution of the acoustic equation through finite-differences.

Cartesian grid
We consider a simple 3D grid where the spatial discretization steps are such that
Ar=Ay=Az=heR]. (2.191)
We solve the acoustic equations on a 3D volume we denote as
Q=100 L] x[0 L, x[0 L,] C R, (2.192)

where
(Ly, Ly, L2) € (R%)*. (2.193)

The time discretization is performed with a step
At e RY, (2.194)

and the time interval is

[0 T] C R, (2.195)

with the total time duration of the modeling being
T e RY. (2.196)
The spatial discrete grid is €2 such that
Q, = {zi, yj. 2k, (i,45,k) € N*}, (2.197)

where
Ty = ih, Y; = jh, 2k = kh. (2.198)

The time discretization is performed at time t™ such that

" = (n—1)At. (2.199)

Finite difference scheme

We introduce the conventional notations for the value of the pressure on the nodes of the
finite difference grid
ik = P(i, Yy, 20, t") (2.200)
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We can approximate the Laplacian operator A using the second-order finite difference
formula (2.190). With the previously introduced notations, this gives

AP(z4,yi, zi, t") >~

2.201
Pl = 2P0+ Py Pl =285+ Py Pl — 2P0+ Pl ( )
h? + h? + h?
Similarly, the second-order time derivatives is approximated as
0P Patt = 2Py, + Py
6t2 (xlayjazk,tn) = AtQ (2202)
This yields the finite difference approximation
+1 1
Prit - opp P
At?
o (Pl =285, + Py, Pl =205, + Py Pl =285, + Pl
Cijk h2 + h? * h?
_= S:‘L]k?
(2.203)

We can rewrite things under the form of an explicit formula for updating szl such that

n+1
Pz]k - Z]k ij +

2 A2
ik
+Uh2 (Pfyije — 2Py + Pyje + Pl — 2P + Pl 1y + Pl — 2P + Pl o)

FA sy
(2.204)
Zero initial conditions also give
P2, — PL
T . L ) 2.205
assuming a first order discretization of the time derivative at time ¢ = 0. Thus
Pl =0, P =0. (2.206)
In addition, boundary conditions give
ke =0, V(@i, 5, 2) € 0. (2.207)

In practice, how to choose the discretization steps h and At? This choice is driven by
two fundamentals requirement

e stability of the scheme

e small enough numerical dispersion
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In the next two paragraphs, we detail these two notions, and explain how to choose h
and At to fulfill these requirements. We provide this analysis in the simple case of the 1D
constant density constant velocity acoustic equation

o’pP  ,0°P

8752 C W =S, (2208)

discretized using the second-order finite-difference scheme

PZH—I —2P" + Pl?’b—l 2 ‘Pﬁ-l - 2P+ P, _ 4

At? h? v

(2.209)

Stability analysis

We start with the stability. We follow the conventional Von Neumann analysis. First
we define the truncation error. We assume that the analytic solution P(z,t) satisfies the
discretized wave equation with an error related to the truncation of the partial differential
operator following the Taylor’s development. This is the truncation error, which we define
by

P(CI?Z‘, t" + At) - QP(.TZ‘, tn) + P(ZCZ', th — At) QP(azi + h, tn) - 2P(a;,~, tn) + P(.TZ - h, tn)

77? = At2 h2

(2.210)
From the definition of the second-order finite difference formulas, it is easy to show that
the truncation error satisfies

' = O(At?) + O(h?). (2.211)
We now define the convergence error. The convergence error is
el = P(x;,t") — P, (2.212)

where P(x,t) is the analytical solution and P the numerical solution provided by the
finite-difference scheme. What is important to see is that the convergence error obeys the
same discrete equation as the numerical solution. We have

et =2 477 Plai, " + At) — 2P(xi, t") + Plag, t" — At) P/ —2pr + P!

At? At? At? ’
(2.213)
and
ey — 26 +err . P(x;+h,t") —2P(x, t" + P(x; — h,t") Pl — 2P+ P,
h2 - h2 - e '
(2.214)
Therefore
ept! — 27 477! _ 2 €1 — 26 T _ nn_PinH — 2P + P! _ 2 P, —-2P"+ P,
At? h? ! At? h? ’
(2.215)
which yields by definition of the numerical scheme
1 —1
e 2+ e — 2+, — (2.216)

At? h?

We now consider an expansion of the convergence error as a Fourier series of the form

e(z,t) =) Ag(t)e’*. (2.217)
k
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We look at a single component of this Fourier expansion, at time ¢" and point x;,
el = AnethTi, (2.218)

We consider the truncation error can be neglected (we are interested here only in the
convergence error evolution and can look at the specific case where the truncated error is
0) and plug this component in the discrete wave equation to obtain

An—i—leikxi . 2An6ikaci + An—leikxi 2eik(mi+h) - zeikxi + eik(a:i—h)

N —c s A" =0, (2.219)

Dividing by e*** yields

An—i—l —2A™ + An—l 2eikh —24 e—ikh

A2 —c 2 A" =0. (2.220)
We can rewrite (2.220)) as
ATl = A"t L oA, (2.221)
where I »
B=1 + W(el -2 + 6_7' ) (2222)
We introduce
An+1
V= (2.223)
We thus have
72 —2By+1=0. (2.224)
To ensure stability, we want to have
Iy < 1. (2.225)

This is to make sure that the amplitude of the Fourier component we consider is not
amplified at each iteration in time, which would lead to an exponential increase of the
amplitude of the solution (explosion in finite-time). The discriminant of the second-order
polynomial is

A =4B* 4. (2.226)

The condition A > 0 is equivalent to |B| > 1, and we have in this case

v=B++VB2-1, (2.227)

therefore |y| > 1. A < 0 is equivalent to |B| < 1 and

v=DB+i/|B?—1]. (2.228)

In this case

W?=B?>+B>-1=2B*-1, (2.229)
and we have |y| < 1, as
0<B?<1, (2.230)
then
0<2B? <2, (2.231)
and

~-1<2B*-1<1. (2.232)
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The stability condition is thus ensured by |B| < 1, which is equivalent to

At2c? . 4
1<1+ th (eFh — 2 4 e7ikhy < 1. (2.233)
This can be rewritten as
2.2
-1<1+ 2 (cos(kh) —1) < 1. (2.234)
We recall the identity
. a\2 1—cos(a)
-] =—". 2.235
(sm 2) 5 ( )
This comes from the fact that
cos(a + b) = cosacosb — sinasinb, (2.236)
then
cos 2a = cos’ a — sina = 1 — 2sin? a. (2.237)
Hence ) 5
sinZa = # (2.238)
Using this identity we obtain
2012 kh\?
1<1— TC (sin 2) <1, (2.239)
hence )
2At%c? kh
o< th <Sin 2) <0, (2.240)
and )
At?c? kh
0< h; (sin 2> <1 (2.241)
The latter is ensure by the choice
At?c?
—z <L, (2.242)
hence At
2y (2.243)
h
This corresponds to the standard CFL condition. Expressing it as
Ah
At < —, (2.244)
c

makes it clear that At is constrained by
e the size of the mesh: the finer the mesh, the smaller the time step;
e the wave velocity: the fastest the wave speed, the smaller the time step.

This is important in terms of application and computation cost: we go back to this after
the analysis of the numerical dispersion.
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Numerical dispersion

For the numerical dispersion analysis, we consider a plane-wave solution of the form
P(z,t) = elho=wt), (2.245)

Plugging this ansatz in the wave equation yields

(—iw)?e’ o=l — (i) ko) = 0, (2.246)
We thus have
—w? + 2K =0, (2.247)
which can be rewritten simply as
c= % (2.248)

This equation is known as the dispersion relation. The temporal and spatial oscillations
are related to the velocity. In the analytic case, the velocity is the same for all oscillations
k and w. The medium is not dispersive: the propagation velocity does not depend on the
frequency of propagation.

Let us now use the same ansatz in the discretized wave equation. We have

eilkz—w(t+At)) _ 9i(kz—wt) + cikz—w(t—At)) 2€i(k‘(x+h)—wt) — 9pilkz—wt) + ct(k(z—h)—wt)

A2 - 12 =0
(2.249)
which gives
. . At2 . .
e—zwAt —24 6zwAt — C2ﬁ (e—zkh —24 ezkh) , (2250)
by simplification by e“k#=«t) Thus
o5 At?
coswAt—1=c¢ T (coskh —1), (2.251)
or, using the same trigonometric identity as previously,
At At? kh
sin? WT = P sin® - (2.252)
Hence we have A A "
t t
sin C=" = ¢~ gin " (2.253)

Here we can note that the latter equation has a solution if and only if the CFL condition
is satisfied, otherwise the modulus of the right hand side could be strictly larger than 1
while the modulus of the left hand side is bounded by 1.

From the latter equation we have

wAt o At . kh
— =sin <ch sin 2> , (2.254)
then

2 At . kh
w=—sin"! <ch sin 2> : (2.255)
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which gives the numerical dispersion relation

w2y At . kh
C(k) = % = msm <Ch Sin 2) . (2256)
We see that in the limit A — 0, we have
w 2 . [ Atk
E — m Sin (02> . (2257)

Then in the limit At — 0, we recover the analytical dispersion relation

Y e (2.258)
k
However, in practice, we cannot choose arbitrarily small time steps and spatial discretiza-
tion steps. Therefore it is interesting to see how the discrete propagation velocity varies
with the choice of discretization setups. In practice, the choice of At is already governed
by the previous stability condition, therefore it is common to study the evolution of the
discrete propagation velocity with respect to the spatial discretization step h.

Consider n,, the number of discretization points per minimal wavelength. We have

)\min
w = 2.259
=7 (2.259)
where c
Amin = 2.260
fmax ( )

We present in Figure the numerical velocity ¥ for a choice of k = 0.05 = % m. !,

a velocity ¢ = 2000 m.s™", and a choice of a spatial discretization A such that n,, varies
from 1 to 20, considering a maximum frequency of propagation f,q, reaching 12.5 Hz.
Three curves are obtained, depending on how the time discretization step is chosen. The
first choice correspond to a fixed At, set to satisfy exactly the CFL condition for 10
discretization points per smallest wavelength. The second choice corresponds to set At as

A
At = 0.9737. (2.261)

The third choice corresponds to set At exactly at the CFL condition for each Axz. Inter-
estingly in this case, the numerical dispersion is only related to the time discretization.
However this situation is only possible in 1D. In higher dimension, this special case (van-
ishing of the numerical dispersion associated with the spatial discretization) is no longer
valid.
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2000 |
Py — Frozen dt
8 1500 + — 0.9*CFL dt |7
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Figure 2.9: Dispersion curve for a choice of £k = 0.05 = 2—10 m.~ !, a velocity ¢ = 2000

m.s~!, and a choice of a spatial discretization varying from 1 to 20 discretization point
per smallest wavelength, considering a maximum frequency of propagation reaching 12.5
Hz. Three curves are obtained, depending on how the time discretization step is chosen.
The first choice correspond to a fixed At, set to satisfy exactly the CFL condition for 10
discretization points per smallest wavelength (blue curve). The second choice corresponds
to set At as 0.9 time the CFL condition (red curve). The third choice consists in setting At
exactly at the CFL condition, removing in this particular 1D case the dispersion associated
with the spatial discretization (green curve).
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2.4.3 Staggered grid finite difference scheme for 2D elastodynamics equa-

tion

The finite-difference technique has been popularized in the geophysics and seismology
community by the work of Virieux| (1986). In this study, a 2D finite-difference scheme
is proposed for the 2D P-SV elastodynamics equations in the velocity-stress formulation
(1st order hyperbolic system). This 2D finite-difference scheme is actually a transposition
to the 2D P-SV equations of the Yee scheme (Yee, 1966) designed for the 2D Maxwell’s
equation (electromagnetic wave propagation).

The 2D P-SV equations, assuming a VTI anisotropy, and a force source (f;, f-), are

vy

ot

ov,
ot

00 3

ot

00 5,

ot

00,

ot

100,

p 0z

1 004z
p Ox

= fz

100,, 100,

p 0z

p 8.1’ :fZ

0vy
- 011% - Ci3

Ovy
- 01387 —Cs3

vy
_044<v+

ov,

0z
ov,

0z

)-o

0 (2.262)

0

ov,
ox

0z

The original idea of the staggered finite-difference scheme is to discretize each of the field
Vg, Vs, Oy Ozz, Oz, Using a centered (second-order) finite difference scheme on different

staggered grids. An explanation is

given in Figure [2.10

@ v
| A
A £T LML
67 [ | Y =M
_T A
.Y
FiG. |. Discretization of the medium on a staggered grid.

Black symbols are for velocities and buoyancy at time kAt
White symbols are for stresses and Lamé coefficients at time

(k + 1/2)At,

Figure 2.10: Original figure from |[Virieux] (1986])

In our notations

e B corresponds to the buoyancy, which is the inverse of the density %
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U corresponds to the horizontal velocity displacement v,

V' corresponds to the vertical velocity displacement v,

> corresponds to the horizontal normal stress o,
e T corresponds to the vertical normal stress o,
e O corresponds to o,
We see that in this scheme,
e v, is centered at the (i,7) point
e v, is at half grid point (i + 1/2,j + 1/2) point
e 0., and 0., are at (i + 1/2,7) point
e 0, is at (i,7 + 1/2) point

The corresponding finite-difference scheme is

n+1/2 n—1/2 n n
(’Uz)ij+ /% - (V2 )i / (L (2241725 — (Oaa)iyja
At p h
1] n n
B <1> (sz)i,j—irl/Q - (05’92)1'71'—1/2 = (fo)
P/ ij h o
n+1/2 n—1/2 n n
('Uz)i+1/2j+1/2 —( z>i+1/2j+1/2 - <1> (%)”Lﬂ'ﬂ/Q B (J“)i:jﬂ/?
At P/ it1/2j+1/2 . h n
_ <1> (0224 1/2,501 — (@) yyny (f2)is1/j41/2
P/ j h S
(o )n+1 — ()" +1/2]+(1/2)n+1/2_( )n+1/2
TT)iy1/25 ) i4+1/2j _ (C ) T/i+1,5 T/ij
AL 11/i41/25 } h /
n+1/2 n+1/2
(), Pirjge ~ Oy
" 13)i+1/25 12 hn+1/2 B
(Uzz)i+1/2j - (Uzz)i+1/2j i (C ) ( ‘T)H‘l,j B ( x)l]
Al i nl /
n+1/2 n+1/2
—(C33) ;119 (v2)iv1y2, 5012 = (W2)iajaj-1p =0
" 33)i4+1/25 1o hn+1/2
(022)5 5172 = (022) 41/ C (Wa)ijpi~ — (o)
AL —( 44)z'j+1/2 h
n+1/2 n+1/2
(G, By = )i
44)ij11/2 h N
(2.263)

Such a scheme exploits the particular structure of the 2D elastodynamics equations, the

temporal derivatives of each field are related to spatial derivatives of other fields (never

the same field). This makes possible to use a centered scheme (therefore of order 2) while

using a spatial discretization step of A. Full grid scheme would require the use of a spatial

grid of size 2h to be centered and hence reach second-order accuracy
fl@+h)—flx—h)

f(z) ==~ 5 + O(h?) (2.264)
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The FORTRAN code ELAS2DWM available on my webpage, in the directory associated with
this lecture, implements this 2D staggered grid scheme. Please feel free to download it
and have a look at it. The implementation is rather simple. The numerical experiments
presented in the slides have been performed using this simple code. To compile it you only
need a gfortran compiler (free). The output files are binary files that can be visualized
easily through Octave, Matlab, or Python libraries for instance.
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2.4.4 Spectral-element for elastodynamics equations

Even if the finite-difference method is very powerful and easy to implement, it has some
limitations. The main limitation is related to the modeling of wave propagation in media
with strong interfaces which vary in space, i.e. which do not conform to the Cartesian
grid. The most important of these interfaces is the subsurface/air interface. In marine
environment, this interface. In addition, with receivers and sources located in the water,
the acoustic approximation is relatively accurate. With only hydrophones recording the
pressure, the imprint of elastic effects on the data is weak. In this case, finite-difference
modeling for acoustic equations is a very good option.

In land environment, the subsurface/air interface is not likely to be flat: spatial varia-
tions due to varying topography is common. In addition, receivers on land are geophones,
which record vertical and horizontal displacement velocities. In these recording, the elas-
tic imprint of the wave propagation is strong. We thus need to rely on elastodynamics
equations. TO model accurately P-wave, S-wave, and surface waves, we need to take into
account accurately the subsurface/air interface. This is difficult through finite-difference
technique, therefore finite-element methods are preferred and shown to be more efficient.

In the sequel, we present the state-of-the-art method for numerical model of wave prop-
agation in seismology (see SPECFEM code https://geodynamics.org/cig/software/
specfem3d/, SALVUS codehttps://cos.ethz.ch/software/production/salvus.html,
or SEM46 code we develop in SEISCOPE). It is a particular instance of finite-element
strategy, making it possible to model very accurately 3D elastodynamics propagation in
heterogeneous anisotropic media with irregular topography. We introduce this method
and review its specificities.

Second-order displacement formulation

The starting point for the spectral element discretization of the elastodynamics equations
is to rewrite the first-order hyperbolic system as a second-order in time hyperbolic system
on the velocity only. This reduces the number of equations from 9 to 3. This system reads

O*u T
where the source term s is given by
s=F+ Do". (2.266)

We will refer to the domain of interest as  C R? and the time interval as [0, T]. We
want to compute an approximation of the displacement function

u(z,t), (z,t) € Qx[0,T] (2.267)
solution of ([2.265]).

We impose free surface boundary condition on the boundary of €2 which we denote as
previously as 0€2. The free surface boundary condition expresses as

o(z,t)n(x) =0, (z,t) €02 x[0 T, (2.268)
which means in terms of displacement that

(CDTu(z,t)) n(z) =0, (z,t) € 02 x [0 T (2.269)


https://geodynamics.org/cig/software/specfem3d/
https://geodynamics.org/cig/software/specfem3d/
https://cos.ethz.ch/software/production/salvus.html
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We also use zero initial conditions

V€ Q, u(xz,0) =0, gltt(x,O) =0. (2.270)

Weak form

Here we introduce the L? scalar product on € as

(u,v) = / u(z, t)v(z, t)dx (2.271)
Q
Finite-element methods are based on the weak form of the elastodynamics equation. This
is, compute for a solution u which satisfies, for any sufficiently smooth function w

2u
<paat2,w> - (DC’DTu,w) = (s,w). (2.272)

Basically we require that w and its derivatives are in (L2(Q))3. We keep in mind that the

scalar product is in space only and not in time. The integral thus depends on time in the

expression above but we do not mention it explicitly to simplify the notations.
Integrating by part the second term of the left-hand side in yields

( 0%u ) _ (CDTu(x7t),DTw) + (CDTu(x,t).n,w)

Pz = (s,w) (2.273)

oN

The free surface condition makes the boundary term naturally vanish, yielding

2u
<p88752,w) - (CDTu(x,t),DTw) = (s,w). (2.274)

1D elastodynamics equation

For the sake of simplicity, we will consider in the sequel only the 1D case for the propagation
of shear waves. This simplifies the previous displacement system as

d%u

PoE Ox(p(z)0x)u = s (2.275)

where p(x) is the density and p(z) is the shear modulus. The free surface condition is
expressed as
w@)u(z,t) =0, (z,t) €02 x[0 T). (2.276)

The initial conditions remain the same.

Finite element strategy

Finite element methods rely on the approximation of the weak solution as a decomposition
in a basis of N, given functions ¢;(x),

Np
u(a,t) = uit)pi(x). (2.277)
=1
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This is named as the Galerkin method. In addition, we assume that the test functions
w(x) are decomposed in the same basis of functions. This assumption is referred to as the
Galerkin principle. We thus obtain

0%*u ou 0p;
- . J— —_— = 7;7;’ " :1’,N 2278
(o)~ (15 5 ) = L) g (2,279
Injecting (2.277)) into (2.278)) yields
8%u; p2ei 0% s
Z 2 (poi 25) Zuz o ) =Y sienes), =L Ny (2279)
ot " Ox po
In matrix notation, this can be rewritten as
0%u
M—— 52 (t) + Ku(t) = Bs (2.280)
where 5o: B
i 0P
Mij = (ppi, 0j), Kij = <M( ) 97’ ]) , Bij = (vi,¢5) (2.281)

For the time derivative, we use a second-order finite-difference scheme, such that we obtain

n+1 _ L n—1
MY A“tQ Y Ku—Bs" (2.282)

This gives
" = APM T (Ku™ + Bs™) + 2u™ — u" ! (2.283)

From here we already see that it each time step, the finite-element scheme requires to
apply the inverse of the mass matrix M. For large scale problem, this can be an issue
in terms of computational cost. Before moving to the specificity of the spectral element
method, we localize the previous equation element by element.

Element decomposition

So far the field u(z,t) and the basis functions ¢;(z) are defined globally on Q. We further
introduce the discretization over elements by assuming that the function ¢; are attached
to elements (), partitioning the domain 2. We have

Ne
Q=[] Viee), ete = QN =0 (2.284)
e=1

The total number of elements is denoted by N.. We therefore approximate u(z,t) as
P
Vo € Qe, ulz,t) = > uf(t)gf(x) (2.285)

and obtain

62 e 6 84)0 Ny .
atg P%»SOJ Zu < (‘DZ 6;)’ :Z(si(pa(’p;)’ ]Zl,...,Np

=1
(2.286)

=1
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element by element.
Deriving as above, we obtain the same set of equations as before except that they are
now local to each element. We write it as
0%u

We will see after how to connect these equations globally (assembly step).

Choice of Lagrange polynomials

The spectral element method relies on two key elements. The first is the choice of basis
functions ¢; as Lagrange polynomials. So far what has been derived is general and common
to any finite element strategy.

In 1D, Lagrange polynomials are given by

Np+1 c_¢,
0i(&) = 1:(8) = - 5Z~ (2.288)
i=Lg#i >t
for a given set of distinct points &;, 7 =1,..., N, + 1 in the reference cube [—1,1]3.

The Lagrange polynomial are defined on the domain [—1; 1], named as reference element
in the following. To compute the scalar product implying the polynomial /; and /; and
their derivatives it is therefore necessary to define a mapping from the reference element
to the actual element e. This mapping is denoted by F*°

Fe: ¢ o F) =gz

ER (2.289)
The scalar products over ()., can thus be rewritten as
! . . dx
(wla, = [ ulFH(E) v (Fe) G (2.290)
For the mass term, this gives
N,
E 5’2uf 1 . . e dx
> G | @), (7e(6) Gode (2:291)
which we rewrite as
s O%us (1 dx
> G | semene G (2:29)
with the slight abuse of notation
p(F(€)) = p(&), L(F()) =1U(8), 1;(F(§)) =1;(S). (2.293)
For the stiffness term we obtain
Sl OL(FEE)) 0L (FE(E)) da
> [ utreien ) e (2299)

which gives

Np 1 ol; al;(& d le"
;/—1M(£) 3(55) é(é) <dfc> % (2.295)
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2
with the same abuse of notations. The term (%) comes from the chain rule for the

derivative with respect to &.
Finally the source term becomes

1 X
/_ s(t, )1 (é)fl5 d§ (2.296)

with again the same abuse of notations.
We end up with the following equations, element by element

ia;;f/tp@ (OO € e~ Z/ HOMED (&) e~ [ sroner

(2.297)

Numerical integration

What remains to be done is now to evaluate numerically the integration over the reference
element. In principle, we could use any set of discrete points &,k = 1,..., K to perform
this numerical integration. By numerical integration, we mean, for a function f,

1 K
/ )= Y w (&) (2.208)
- k=1

If we want to obtain a diagonal mass matrix, we need to obey the following rule: choose
the same integration points as the collocation points defining the Lagrange polynomial. This
will guarantee the following property

li(&k) = ik (2.299)
where ;5 is the Kronecker product
1 if 1=k
Oik = ‘ 0 else. (2.300)

This also defines the weights wy as (replacing f by a polynomial /; in the quadrature

formula ([2.298))
1
wi:/ ll(f)df (2.301)
~1

We thus have for the mass term
NP
i=1
which gives, using (2.299)

2 e

K
Z )4 (k) g(&c) (2.302)
k=1

Np aQue K
i > wep(§)0ud d§(£k> (2:303)
i=1 k=1
that is
82 e
5 wip(&i &i)0ji- 2.304
> i) (68 (2:304)
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We finally obtain

Z ij atQ Ke ul ZBz] Si» J=1,.. ',Np (2305)
with
MZEJ = wlp(gl) df (gl) ij
K = Zwku (&k) g k)9 8§ k) <d£ (§k)> 5(fk) (2.306)
d
B = wi%(&)%

Choice of the collocation and integration points

So far we have not discussed how to the choose the points &. We have just mentioned
that to obtain a diagonal mass matrix, we need to approximate the integral over the same
set of points used to define the Lagrange polynomial.

A very interesting choice is the selection of the Gauss-Lobatto-Legendre points, defined
as the roots of the polynomial

(1-€)L' () (2.307)
where L(§) is a Legendre polynomial. An example of the repartition of such points in 1D

is given in Figure [2.11
This choice is motivated by the three following reasons:

1. The GLL points satisfy Gaussian quadrature rule: the integration of a polynomial
of order up to 2N — 1 with N GLL points is exact.

2. The GLL points are such that the boundary of the elements are used. It means
that there is a degree of freedom to represent the solution at the boundary of each
element. This property is very appealing, as we have to enforce the continuity of
the solution on the global domain. To do so, we only need to consider each degree
of freedom at the boundary of an element as unique. Therefore, in the assembly of
the mass matrix and stiffness matrix, one only needs to sum up the contributions
from different elements for boundary degrees of freedom. This simplifies greatly the
assembly of the global matrices M and K.

3. Lagrange polynomials defined over the set of Gauss-Lobatto-Legendre points ensure
the spectral convergence property. Schematically, if we denote by u* the solution
of the elastodynamics equations and uggps its approximation through the spectral-
element method, we have

(1) = wsmar ()l ragay < ON* [ 4100 (2.308)

where N is the order of Lagrange polynomial used to discretize the solution over
the elements, and H*({2) is the Sobolev space of functions over  (namely with
s derivatives which are in L?(£2)). The spectral convergence thus means that the
convergence speed is driven by the smoothness of the solution. The smoother the
solution is, the fastest the convergence is. This is reflected by the factor N~% in the
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Figure 2.11: Example of Gauss-Lobatto-Legendre points repartitions in 1D for different
orders of polynomials. Note that the partition is uneven. Note also that the two extremal
points of the 1D segment are always included in the Gauss-Lobatto-Legendre points.

right hand side of the inequality . This is of particular interest when solving
elastodynamics equations in reasonably smooth media, as it is often the case in the
frame of full waveform inversion algorithms. Indeed, in this case, the variations of
the medium remain relatively smooth with respect to the propagated wavelength,
and the wave equation solution is smooth.

Besides, when the solution is analytic, that is infinitely differentiable and locally
representable by a convergent power series, the spectral element method exhibits
exponential convergence

[ (- t) — uspar (1) || gy < Ce™ N (2.309)

for some constants C, a.

The convergence formula (2.308]) and (2.309) are to be compared with standard finite
element convergence results in classical polynomial spaces, where we would have

Ju*(.,t) — uspnm (., t)|| < ChP (2.310)

where h is the size of the element and p the order of the chosen polynomial basis to
represent the solution.

More details on this spectral element methods can be found for instance in |Patera (1984));
Bernardi and Maday, (1992)



74

CHAPTER 2. FULL WAVEFORM MODELING



Chapter 3

Full waveform inversion

3.1 (Generalities on inverse problem

In general mathematical notations, an inverse problem can be defined as follows. Let
dops € D be the data we have on a given physical system. The physical system is described
by some parameters m € M. There exists a physical process which relies the observation
and m in this physical system. This process is described by an operator g such that

g: mw—  g(m)

M — D. (3-1)
The inverse problem is posed as finding m such that
g(m) = dops- (32)

In geophysical imaging, d,s corresponds to some partial measurement of the propagat-
ing waves. The parameter m* corresponds to the mechanical properties of the subsurface.
The operator g corresponds to the wave propagation operator.

We can refer to Hadamard to have the definition of a well posed problem. Such a
problem should satisfy

e cxistence

Im*, g(m™) = dops (3.3)

e uniqueness
m #m* < g(m) # dops (3.4)

e continuous dependency of the solution with respect to the data

Ve, 3n, ||dobs,1 — dovs2|| <= ||m] —m3|| <e, (3.5)
where we define m] and mj as
g(mT) = dobs,h g(mz) = d0b5,2' (3'6)

In practice, inverse problems are often ill-posed to a certain extent. First, it is often
difficult to have strict existence of a solution, simply because of the measurement noise.
In practice, at best, we have

dops = g(m™) + €. (3.7)

75
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From this, existence and uniqueness need to be recast as an equivalence class property:
m solution <= m e M} C M, M} ={m € M, ||g(m) — dops|| <e}. (3.8)

If the continuous dependency of the solution can still be verified, we can qualify the inverse
problem as “weakly ill-posed” (informal notion). If however, the continuous dependency
of the solution is not verified, the inverse problem can be qualified as “strongly ill-posed”
(informal notion t00).

3.2 The linear case

3.2.1 Formulation

To have a first insight on how inverse problems behave and how we can solve them, it is
interesting to consider the linear case. In this frame we will have

deDcRY, me McRM, g(m)=Am, (3.9)
with
A e My u(R), (3.10)

where My ar(R) is the space of real matrices with N rows and M columns.
We have to solve the problem

g(m) = dobs, (3.11)

that is, in this case
Am = dyps. (3.12)

The solution of the inverse problems can thus be defined by
m* = Aldps. (3.13)

where A" denotes a generalized inverse for the (rectangular) matrix A. Here we focus
on inverse problems which are over-determined: we have more information than discrete
unknowns, that is M < N. This is the situation that we have in practice for full waveform
inversion. If we assume that A is full rank, that is

rank(A) = M (3.14)

then we have
AT = (AT 4)~1AT (3.15)

Consequently, the solution m* is given by

m* = (ATA) 1A d . (3.16)

3.2.2 Link with the least-squares solution

It is interesting to note that in this case m™* corresponds to the least-squares solution of
the inverse problem. Consider the functional

feo me lg(m) — dops|I?

MCRM RT. (3.17)
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We have
F(m) = [|Am — dopys ||*. (3.18)

The least-squares problem is defined as
min f(m). (3.19)

A solution of this minimization problem is found by searching for the zero of the gradient
of f(m). To compute this gradient, we consider an increment dm € M. We have

f(m+dm) = |A(m 4 dm) — dops||* = [|Am — dps + Adml||?

(3.20)
= f(m) + 2(Am — dops, Adm)y + ||dm)||?
where (.,.)y denotes the conventional Euclidean scalar product in RY. Therefore
f(m+dm) — f(m) = 2(Am — dops, Adm)n + || Adm/?
(3.21)

= 2(AT(Am — dops),dm)ps + || Adm|?

Note here that transposing the matrix A to apply it to the left hand side of the scalar
product, we move from a scalar product in RV (data space) to a scalar product in RM
(model space).

Consider a first-order Taylor development of f(m), we should have

Vdme M, f(m+dm)= f(m)+(Vf(m),dm)y + Oam-o(|ldml|) (3.22)
By identification of (3.21)) and (3.22), we have
Vf(m) = 24T (Am — dops). (3.23)

Therefore, looking for m such that V f(m) = 0 is equivalent to solve

2AT(Am — dyys) = 0, (3.24)
which gives

m = (ATA) " ATd,, (3.25)
We recover the formula (3.16) which we got from the definition of the generalized inverse
matrix.
3.2.3 Stability to noise

Consider that
dops = Am™ + ¢ (3.26)

where € € D represents measurement noise. In this case, the least-squares solution is given
by
mrs = (ATA) " AT(Am* +¢) =m* + (ATA) " A”e (3.27)

Let m. be the projection of the noise in the model space through the operator A”

me = ATe (3.28)
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Consider a decomposition of m, in the eigenvector basis of AT A

M
me = Zﬂ,vz (3.29)
i=1
where v;, i = 1,...,M is a basis of eigenvectors of AT A, associated with eigenvalues
[e7%) ’izl,...,M.
Then, we have
1 M 1 M B;
1= 1=

If AT A has small eigenvalues (tending to 0) then potentially the contribution from the
noise can be significant in the reconstruction and the reconstruction error (ATA)_l AT
can be big.

We see that the conditioning of the normal matrix AT A is an indication over the
sensitivity to noise of the linear inverse problem in this case. Note also the following for
the remainder of the course: AT A is the Hessian matrix associated with the functional
f(m), which has an important role in the analysis of the seismic inverse problem related
to full waveform inversion.

3.2.4 Regularization

In practice, one way to reduce the sensitivity of the inverse problem to noise is to regularize
it. A very standard example of regularization consists in using a prior model m,. We
assume we know such a prior model, from prior information on the solution. If such
a model is known, we can add a penalization term in the misfit function |jm — m,|?,
weighted by a scalar parameter n € RT. We obtain a regularized inverse problem

: 1 n
min fy (m) = o | Am — dops | + 5 [ m = my | (3.31)

This regularization belongs to the class of Tikhonov regularization (Tikhonov et al. [2013).

The interpretation of this regularization term is that we are looking for a model m
which should at the same time satisfy the linear system Am = d,s in the least-squares
sense while not being too far from the prior model m,, (in the least squares sense too). It
can be understood as a way to guide the inversion to look for models satisfying Am = dps
in the vicinity of m,. The “size” of the vicinity depends on the parameter 7.

A solution of the problem can be found by setting the gradient of the regularized
function f,,(m) to 0 (as previously). We have

V fy(m) = AT(Am — dops) +n(m —my). (3.32)
Setting this gradient to 0 gives the solution mpg,,
-1
mrsy = (ATA+nIy) (AT dgps +1my) . (3.33)

where I/ is the identity matrix of size M.
Let us denote H,, = AT A + Iy Y If we assume that ds is as previously such that

dops = Am™ + € (3.34)

Lthe use of the notation H will become obvious later, H is actually the Hessian matrix, the matrix of
the second-order derivatives of the misfit function f;,
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we have
Mmrsy = Hn_lATAm* + Hn_lm6 + 77H,7_1mp (3.35)

where m, = AT e as previously.
We decompose m*, me and m,, in the basis of the eigenvectors of AT A, such that

M M

M
m* = Zﬂfvi, Mme = Zﬂfvi, my = Zﬁfvi. (3.36)
=1

i=1 =1

The eigenvalues of H, are a; + 1 with eigenvectors v;. Indeed, since v; are the eigen-
vectors of AT A with eigenvalues o; we have

Vi=1,...,M, AT Av; = ajv;. (3.37)
Hence,
Vi=1,...,M, Hy; = (ATA+nly)v; = AT Av; + nui = (@i +n)v;. (3.38)
Thus v;, i =1,..., M are the eigenvectors of H, with eigenvalues c; + 1.

Another way to see this is that we have the decomposition

ATA=pPIDP (3.39)
with D = diag (a1, ...,ap) and P an orthonormal matrix
pPT = p~1, (3.40)

Thus
H, = ATA+nIy = PTDP + Iy = PTDP +nPTP = PT(D + nly)P. (3.41)
We analyze the three terms in the solution mps,. We have

H'ATA = (PT (D +nly) P)~ PTDP = PT(D +nly) ' DP (3.42)

Thus H, 1AT A as the same eigenvectors v; as AT A, but with eigenvalues a?‘jfﬁ. Thus

M
H AT Am =S g2y, 3.43
n ;/81 ai+77 ? ( )
Besides
M 1
H lm, = ¢ ;i 3.44
n € ;ﬁl Ozz—{—T] 7 ( )
and finally
- n
H 'm, = p ;. 3.45
n n P ;ﬁz Oéz+77 ? ( )
Hence,

M M M

* Q; € 1 D n

mLsy =Y Bi——vi+ Y Bi——uvi+» fl——uv. (3.46)
- T - i T - N
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We can analyze what happens in terms of the limit of n. If n tends to 0, it means we
remove the regularization. The third term cancels as we have

lim =0. (3.47)
n—0 o + 1

The first term converges to m* as we have
lim — 2 = (3.48)
n—0 o +1n

The second term converges to AT A~ m, as we have

1 1
lim =— (3.49)
n—0 o; +1n 6%

We are thus go back to the previous situation, without regularization, with the risk that
small «; values yield a strong imprint of the noise in the reconstruction of m.
Contrary to this situation, if 7 tends to 400, the first term converges to 0

lim =0 (3.50)

The second term also converges to 0, as we have

. 1
lim =0 (3.51)
n—+oo o + 1N

and the third term converges to m, as we have

lim =1 (3.52)
n—-+oo ; + n
We thus have
lim mrg, =m, (3.53)

n——+00

This can be easily interpreted: when the regularization weight 1 dominates, then the data
misfit term is negligible, and the optimal solution consists in producing a model as close
as possible from my,, with, in the limit case, m,, itself.

In practice we choose regularization weights “in between” these two regimes. What is
interesting is to note that, to mitigate the noise, 7 makes the reconstruction of m* imper-
fect, as it has an effect on the first term. The smallest eigenvalues «; are indeed thresholded
by 1 making the reconstruction of these components driven by the regularization rather
than the data.

3.3 FWI: a PDE constrained least-squares optimization prob-
lem

3.3.1 Formulation

We introduce here the notations which will be used throughout this chapter. The model
parameters that we will aim at recovering from the seismic data will be denoted by m.
These parameters will be represented by functions of space m(z) and will live in the model
space M. To link with the modeling chapter, these parameters can be the P-wave velocity
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Vp(z), the density p(z), or any combination of the components Crs(x) of the stiffness
tensor. We will make a distinction between mono-parameter inversion, in which case m(x)
represents a single parameter class, and multi-parameter inversion, in which case m(z)
gathers several parameter classes, for instance m(x) = [Vp(z) p(x)] for a multi-parameter
inversion of P-wave velocity Vp(x) and density p(z). In any case, the model parameters
m(x) always depend only on space. We assume that during the seismic recording experi-
ment, the properties of the subsurface do not change.

The seismic data associated with a source/receiver couple s and r will be denoted by
dobs,s(zr,t), for t € [0,T] where T is the total recording time. The corresponding calcu-
lated data will be denoted by dear s(xr, ).

The wavefield generated by the source s will be denoted by us(z,t). Here x € Q ¢ R?
where d is the dimension of the problem. In practice d = 3, and sometimes, resulting from
approximations, d = 2 is chosen to reduce the computational cost.

The relation between the calculated data deq s(z,,t) and the wavefield u,(x,t) will be
denoted as
dcal,s = Ru57 (354)

where R is a restriction operator extracting the values of the wavefield at the receiver
location z,.. This can be denoted by the convolution with a Dirac delta function

(Rus) (20, 1) = /Q 5z — 20 )u(z, £)da. (3.55)

For the sake of generality, the wavefield ug(x,t) will be considered as the solution
of a general partial-differential equation representing the wave propagation within the
subsurface, from the acoustic to the elastic approximation. We will denote this wave
propagation operator by A(m), such that we have

A(m)us = @s, (3.56)

where p4(x,t) is the source term corresponding to the source number s.

To distinguish between the dependency of us(z,t) with respect to space and time (as
a function of space and time) and its dependency with respect to the model parameters m
through the solution of the PDE [3.56] we will sometimes denote this dependency through
brackets [m] such that the wavefield in the model m solution of is denoted by

us[m](z,t). (3.57)
The same notation can applied to the calculated data, and we denote it as
deal,sm](xr, t). (3.58)

In this frame, the full waveform inversion problem corresponds to the following PDE-
constrained optimization problem

1

min — E ||dcal,s - dobs,8||2v
m 2 .
S=

(3.59)
subject to Vs =1,..., Ny, deqs = Rus,

Vs =1,...,Ns, A(m)us = s,
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where Ny is the total number of seismic sources (shots), and the least-squares norm ||.||
corresponds to the L? distance

s - dzu—z / da(ar.8) — daey. 0, (3.60)

with N, the total number of receivers. For practical applications, this number can depend
on the source s. Here we assume that the same number of receivers is attached to each
source for the sake of simplicity. This has no impact on the generality of the results
presented in the sequel.

3.3.2 Lagrangian operator and KKT system

The numerical solution of such constrained optimization problem requires to study the
Lagrangian operator associated with such problem. Here and in the sequel, we will make
the assumption that Ny = 1, only for the sake of concision and clarity. All that will
be developed afterwards can be extended to the case of multiple sources by summation,
thanks to the linearity of the different operators that we will consider with respect to the
sources. For this reason, from now on, we drop the index s in the mathematical derivations.

The Lagrangian operator associated with problem (3.59)) is
1
L(m, uy deat; A, 1) = 5 |l dear = dobs|* + (A(m)u = @, Ny + (dear = R, p)pp - (3.61)

In equation (3.131)), we have introduced two different scalar products. The first is defined
in the wavefield space, denoted by (., .)yy, corresponding to

(u1,u2)yy / / uy(x, t)ug(x, t)dxdt. (3.62)

The second is defined in the data space, denoted by (.,.)p, corresponding to

N T
(di,da)p =Y / di(z,,t)do (., t)dt. (3.63)
r=1 0

The solution of problem are characterized by the zero of the first-order deriva-
tives of the Lagrangian operator (hence the importance of this operator). More precisely,
the first-order necessary conditions for a candidate (m,u,dcq, A, 1) to be a solution of
(3.59) correspond to canceling the first-order derivatives of the Lagrangian. The corre-
sponding system is known as the Karush-Kunh-Tucker (KKT) system. In our case, it

writes as
6L(m, u, dcal7 >\a :u) -0
om N
8L(m7 u, dcal7 )‘7 M) -0
ou N
aL(m7 u, dcal7 >\a ”)
Dy (3.64)
aL(m7 u, dcal, >‘a /‘L) - 0
oA a
aL(m7 u, dcala )\7 U) - 0
o ’
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In the specific case of the Lagrangian operator we have introduced this amounts to

<8Au,)\> =0
om T
8L(m, U, deals A, ,u)
=0
ou
OL(m,u, dust M 1) (3.65)
adcal B
A(m)u — ¢ =0
dcal—Ru = O,

where the product (.,.)7 is defined by, for (u,v) € W x W,

T
(u,U)T:/O u(z, t)v(z,t)dt (3.66)

We do not get into the details of the three first equations at this stage (this will
be developed later). We see that at convergence, the optimal point in the full space
(m,u, deqry A, 1) should at least satisfy the constraints (which is expected).

Conventional approaches working in this full space are known as primal-dual approach,
and amounts to the solution of the min-max problem

min max L(m, u, degy, A, 11). (3.67)
myu,degl A, lb
Solving the full waveform inversion problem with this kind of strategy is never done in
practice, because of the inherent size of the full space. The number of degrees of freedom
to be used under the frame of such a full space approach makes it very difficult to solve
unless very small 1D problem are considered.

Instead of such full space approach, reduced space approach are preferred convention-
ally, which we describe in the following.

3.3.3 Reduced space approach

The rationale behind the reduce space approach consists in eliminating the variables d.q;
and u from the problem by solving the corresponding constraint equations. This leads to
the reformulation

1 _
min §||RA(m) Yo — dops]|?. (3.68)

By doing so, the solution is searched only in the model space M, which reduces significantly
the size of the problem. The problem is also formulated as an unconstrained optimization
problem.

However, it is important to keep in mind that the original full waveform inversion
problem can be considered as a PDE-constrained optimization problem. In particular, it
provides insight on how to compute the gradient of the misfit function appearing in the
reduced space problem (3.68)).
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To solve numerically the problem (3.68]), we employ optimization algorithms dedicated
to the solution of large-scale unconstrained problems. We present on overview of these
strategies in the following.
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3.4 Numerical optimization

3.4.1 General frame
In this section we consider the following unconstrained optimization problem

mni@n f(m), (3.69)

where
m = f(m)
M — RT.

After discretization we have M C RM. Key quantities will be the gradient of the misfit
function

(3.70)

- of -

om1

of

doma

Vf(im) = e RM, (3.71)

of

L Omp

as well as its Hessian H(m), the matrix of second-order derivatives of the function f(m),
such that

0% f
Hij(m) = —21 3.72
that is
2f o*f _f
8m% OmaoOmy e ompr0my
Hom = | s b (3.73)
02 f 02 f 02 f
om10m g Omodm g T 8mM2

Note: the Hessian matrix H(m) is symmetric by construction, following Schwarz’s theo-
rem (the second-order partial derivatives can be switched).

In this Section we consider linesearch-based numerical optimization methods, which
obey the following iteration. From an initial guess myg, build the sequence

Mpy+1 = ME + apAmy, (374)

where my1 is the new iterate towards the solution of the problem (3.69)), aj € R} is a
scalar parameter representing the length of the step taken in the direction Amg, referred
to as the steplength in the following, and Amy is a descent direction. This means that

this vector satisfies
(Amy, =V f(my)) = =Ami V f(my) > 0, (3.75)

where (.,.) is the Euclidean scalar product on R™. Roughly speaking, Amj, is in a di-
rection not too far from the opposite of the gradient, which is the local steepest descent
direction.

In the sequel we first present how to compute the steplength «y (linesearch strategy),
then we discuss how the descent direction Amy is computed. For a wide overview of
numerical optimization, the reader is referred to the excellent book from |[Nocedal and
Wright (2006]).
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3.4.2 Linesearch strategy
Wolfe conditions

The exact linesearch problem, for a given descent direction Amy, would consist in solving
the problem
min ¢(a) = f(mg + alAmy). (3.76)
(0%

However, in practice, this is never implemented because this would require to solve an
optimization problem on its own at each iteration of the minimization algorithm. This
optimization problem would require to compute several time the gradient of the misfit
function f(m), which we try to avoid as (as will be seen later) this represents the main
computationally expensive task.

Instead of the exact linesearch strategies, standard linesearch algorithms aims at com-
puting a steplength « satisfying the Wolfe’s condition. These two Wolfe’s conditions are
expressed as

L. fimg + almy) < f(mg) + oV f(mg)? Amy,
2. Vf(my + almy)TAmy, > eoV f(my)" Amy,
where ¢; < ¢y are user defined constant (usual choices are ¢; = 1074, ¢ = 0.9).

The condition 1 in (3.4.2)) is referred to as the sufficient decrease condition. As Amy

is a descent direction, we know that
Je >0, Vf(mp)TAmy < — <0. (3.77)
Therefore, condition 1 implies that
fmy 4+ almy) < f(my), (3.78)

and
f(my) — f(mik + aAmy) > ciae > 0. (3.79)

The condition 1 in (3.4.2]) thus guarantees that the step taken in the direction Amy pro-
duces a decrease at least equal to cjae.

The condition 2 in (3.4.2)) is referred to as the sufficient curvature condition. We have
¢ (o) = Vf(mp + almy)? Amy,. (3.80)
Therefore condition 2 can be interpreted as

¢'(a) > c2¢/(0). (3.81)

Condition 2 therefore implies that the slope of the function ¢(«) should be greater at the
selected step a than at the initial point o = 0. Indeed, if the slope is smaller, this indicates
that increasing the step « is likely to produce a smaller misfit function, therefore it should
be interesting to increase the step. The condition 2 serves as a safeguard towards taking
too small steps, which could lead to convergence issues.

An illustration of the 2 Wolfe conditions is presented in Figure taken from [Nocedal
and Wright| (2006). In the notations of the document, pi should be replaced by Amy
(descent direction) and zy by my.
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o (o) =fx, +op, )

| 28 P i line of sufficient
1 ~ T -
.\ . -- . % decrease
\ e : el e Ry
R . \ T = -
\\ ( ~ desired : I|I i e
= — slope : |
: \\ i |
~ : |
e |
1

acceptable | acceptable I
_————

Figure 3.1: Tllustration of the 2 Wolfe conditions taken from Nocedal and Wright, (2006]).
In the notations of the document, p; should be replaced by Amy, (descent direction) and
xr by my.

The Wolfe conditions are extremely important because it can be proven that, if the
descent direction Amy, are chosen such that

—AmVIme)” s (3.82)

cosf;. =
F T Am IV f ()] =

(which means the angle between the descent direction and the opposite of the gradient is
bounded from II/2 i.e. the descent direction is never orthogonal to the steepest descent
direction), then

tim [V £(m)]| =0 (3.83)

when we follow the iteration (3.74)). In other words, the iterative scheme ({3.74)) is glob-
ally convergent as soon as the descent direction Amy satisfies condition (3.82)) and the
steplength o, satisfies the Wolfe’s conditions.

By globally convergent, it means that starting from any initial guess mg, the iteration
(3.74) will converge towards the closest local minimum of the misfit function satisfying
IV f (mu) || = 0.

This property is extremely important as it guarantees the robustness of the optimiza-
tion methods that we will use. Note that there exists also other conditions than the
Wolfe’s conditions which can provide this guarantee (Goldstein’s condition for instance).
More details on these aspects are to be found in chapter 3 of |[Nocedal and Wright| (2006).

Linesearch algorithm

We have now some conditions that « should fulfill to yield a convergent minimization
algorithm. In practice, how to choose/compute a? This can be done in various ways. One
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efficient way is the so-called bracketing strategy. The leading idea is to increase the step
length as soon as the curvature condition is not satisfied, and to decrease it if the sufficient
decrease condition is not satisfied. The full algorithm is given in the sequel.

Linesearch algorithm

ag >0 ;

a = Qq ;

arp, =0;

ag=0;

while Wolfe’s conditions not satisfied do

if 1st Wolfe’s condition not satisfied then
aRp = « ]
a=0.5(ar, + ag) ;
end
else if 2nd Wolfe’s condition not satisfied then
oy =«
if ag == 0 then
‘ a =10« ;
end
else
| a=05(ar +ag) ;
end
end
end

Algorithm 1: Linesearch algorithm using a bracketing + dichotomy strategy.

3.4.3 Computing the descent direction
Steepest descent

The simplest way to compute the descent direction is to take it as the opposite of the
gradient.

Amy = =V f(my). (3.84)

This is known as the steepest descent direction. This is an easy way to satisfy the criterion
(3.82)) as in this case we have systematically

cosf = 1. (3.85)

Using a linesearch algorithm which satisfies the Wolfe’s condition, we thus obtain a con-
vergent method.

However, one well known drawback with the steepest descent is a potential very slow
convergence rate. This issue can be illustrated on a simple example. Consider a quadratic

misfit function 1

flay,w2) = 5 (21 +ma3) (3.86)

where (21, 22) € R? and € RT. The minimum of f(z1,z2) is reached at point (0,0). We
have
Vf(z1, 22) = (w1, n22). (3.87)
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Figure 3.2: Typical oscillations in convergence when using the steepest descent algorithm
for the minimization of a quadratic function of two parameters. The horizontal axis
corresponds to xo and the vertical to x;. The level set of the function f(z1,z2) are
represented.

Imagine we start from (1,1). We have

Vf(l,1)=(1,n). (3.88)

If n is small, we will progress only very slowly in the direction of z9, and this will produce
oscillations in the direction of x1, crossing each time the optimal value in x1. A graphical
view of this this situation is illustrated in Figure In this figure, z2 corresponds to
the horizontal axis and z; to the vertical axis. The level set of the function f(z1,z2)
are represented. We observe the typical oscillations in the convergence along the x; axis.
A geometrical interpretation is that the gradient is always orthogonal to the level sets.
When taking 7 smaller than 1, the level sets correspond to ellipsoids. Following the
steepest descent in this case makes difficult to converge rapidly in the zo direction.

Newton method

Steepest descent is often referred to as a first-order method because it relies only on the
gradient direction. A significant improvement of this optimization method is obtained by
considering the Newton method. Initially, the Newton method is a root finding algorithm.
It aims at finding the zero of nonlinear functions.

Consider a nonlinear function of a single variable g(x). At each iteration, we approxi-
mate g(x) with its tangent (first-order Taylor development)

g(x) = glar) + (x — z)g (). (3.89)
A new iterate is found by finding the 0 of this tangential approximation

—g(zx)
g (xr)

9(xk) + (Tp1 — 2p)g (21) =0 = a1 = 73 — (3.90)

A graphical illustration is provided in Figure[3.3] The convergence of the Newton algorithm
is guaranteed only if starting in a vicinity of the solution.
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Figure 3.3: Illustration of one Newton iteration for finding the root of a real value function

f(@).

An extension of the Newton method to the solution of nonlinear systems under the

form
G(z) =0, (3.91)
where
G r = Gz
is
Tri1 =z — J(wx) T G wn), (3.93)
where J(z) is the Jacobian operator associated with the operator G such that
91 dg1 991
o1 0o te ox v
992 Og2 o 092
Jay=| T T (3.94)
39.1\/1 ag‘M 3!J‘M
oz Oxo e ox g

The division by the derivative is replaced with the multiplication by the inverse of the
Jacobian matrix J(z) associated with G(z).

The Newton method can be applied in the field of optimization by considering we are
looking for stationary point of the gradient. In other words, we look for m such that

Vf(m)=0. (3.95)

This is a system of nonlinear equations. If we apply to it the Newton iteration, we
obtain
M1 = my, — H(mg) "'V f(my,). (3.96)

We see that, compared with the steepest descent algorithm, we have replaced the

descent direction by
Amy, = —H(my) "V f(my), (3.97)

and that the steplength is equal to 1.

We can give yet another interpretation to the Newton method applied in the frame of
optimization. Consider the second-order development of the misfit function f(m)

f(m) = f(mk)+vf(mk)T(m_mk)+%(m_mk)TH(mk)(m_mk)+0 (Ilm = my||?) . (3.98)
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The iterate my41 is the minimizer of this quadratic approximation of f(myg). Indeed,
let gx(m) be defined by

ar(m) = f(my) + Vf(me)T (m —myg) + %(m —mg)TH(my,)(m — my,). (3.99)

We have
Var(m) =V f(mg) + H(mg)(m — my,). (3.100)

Finding a minimizer of gx(m) consists in zeroing its gradient. We have

Vap(m) =0 <= Vf(my)+ H(mg)(m—mg) =0
(3.101)
—  m=my — H(m) 'V f(my).

Therefore we see that the Newton iteration, in the optimization frame, amounts to find at
each iteration the minimizer of a local quadratic approximation of the misfit function f(m).

What is the interest of the Newton method compared with the steepest-descent strat-
egy? The convergence rate. While the steepest-descent exhibit poor convergence (it can
be proven to have first-order convergence only), Newton algorithm can be proven to have
second-order convergence. We look back at the 2 parameters example with f(x1,x2) given
by

1
flay,z2) =5 (2% + na3) . (3.102)
We have
Vf(x1,22) = (z1,n22), (3.103)
and
10
H(w1,22) = <0 n) : (3.104)
Therefore
L. /10
H(zy,22)" = o 1) (3.105)
n

and we have in this case a descent direction given by
—H(l‘l,l‘g)_IVf($1,£L'2) == —(1‘1,1‘2). (3106)

This proves that, starting from any point, the Newton algorithm converge in a single iter-
ation in this case, no matter the shape of the ellipsoid.

Despite this appealing second-order convergence property, Newton method is not really
usable for large scale minimization problems. This comes from the requirement to deal
with the Hessian matrix and its inverse. As soon as the number of parameter reaches
O(10%), storing, computing, and inverting the Hessian operator reveals computationally
impracticable. To have an order of magnitude, for realistic size FWI problems, we often
deal with O(108) problems in 2D and up to O(10%) problems in 3D. This makes the Newton
method unreachable for FWI. More tractable methods are thus required.
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Quasi-Newton methods

Quasi-Newton methods have been designed to overcome the above mentioned difficulty as-
sociated with Hessian computation, storage, and inversion. In this frame, approximations
of the inverse Hessian operator is used, such that the descent direction is given by

Amk = —Qka(mk), (3.107)

where ), is an approximation of H(my)~L.

A very useful approximation is the one provided by Broyden Fletcher Goldfarb and
Shanno, known as the BFGS approximation. We do not enter into the details of this
approximation here. We simply mention that this method has been designed in the 80s
(Nocedal, [1980) and that it relies on successive rank 2 updates computed from previous
gradient values of an initial guess of the inverse Hessian operator (often chosen as an iden-
tity matrix).

In practice, a limited-memory version of this algorithm has been proposed under the
name of I-BFGS algorithm, which is the sate of the art method for solving large scale uncon-
strained nonlinear minimization problem. The philosophy is to keep in memory only the
l-previous gradient Vf(my),Vf(mg_1,...,Vf(mr_;+1) and iterates my, mg_1, Mg_j11-
From these quantities, an approximation Qy of H(my)~! can be obtained, following the
formula

Qr = (VE,...viI)Q)(Vii... Vi1)
+pPr—1 (Vk:,ll R Vk:,ll+1) Sk—lsill (sz—l—H . Vk—l)
+or—i41 (VL1 - VL) sk—ivast_in (Vieigz - Vie1) (3.108)
+...
+Pk—1Sk—15t_1,

where the pairs si, yi are

Sk = Mpr1 — My, Yp = V[ (mpg1) — Vf(my), (3.109)
the scalar p; are
1
Pk = —7 > (3.110)
Yi. Sk

and the matrices Vj are defined by
Vi =1 — pryrsi. (3.111)

In its implementation, the [-BFGS algorithm does not build explicitly the ()3 matrix,
which would be computationally challenging for large scale problems. It relies on a matrix-
free double recursion loop, which makes it possible to compute directly the matrix vector
product Qrm, for a given model m and the stored values of the gradient and the models.

More details on the I-BFGS algorithm can be found in chapter 7 of Nocedal and Wright
(2006). In particular, the double recursion loop is described in the algorithm 7.4 there, p.
178.
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3.5 Gradient computation in FWI

Following the [-BFGS strategy, the key quantity to compute the implement FWI and
solve the minimization problem associated with the reduced space approach is the
gradient of the misfit function f(m). We discuss here how we can compute it efficiently
in terms of computational cost, and how we can interpret it in terms of wave propagation
and seismic imaging.

3.5.1 Direct method: the Jacobian matrix

Derivation

We start by the straightforward formula coming from the definition of the misfit function
associated with the reduced space approach. We recall it here. We have

fm) = %”dcal(m) — dobs||” (3.112)

where
deqi(m) = Ru(m), A(m)u = ¢ (3.113)

To obtain the gradient of f(m), we look at its first-order Taylor expansion. Let p € RM,
we have

1 1
fm+p) = Slldear(m + p) — dops||* = 5 ldear(m) + J(m)p — dovs|I* +O(llp[*)  (3.114)

where J(m) is the Jacobian operator defined by

O0dcay
J(m) = == 3.115
(m) = (3.115)
In details, J(m) is a rectangular matrix of N rows and M columns, such that

ad(:a,l,l adcal,l 6dcal,l
Omi 9my T Omayy
6dcal,2 adca.l,2 8dcal,?

J(m)=| om  Im Oma (3.116)
adcal,N 8dcal,N 8dcal,N
omq Ooms te om s

Here, M is the total number of discrete parameters describing the medium, while N is the
total number of discrete data. In the assumption where Ny = 1, we have

N = N, x N, (3.117)

where IV; is the number of time steps obtained after discretization of the wave equation.
We can develop the previous expression ([3.114)) to obtain

1
f(m +p) = §Hdcal(m) - dobs”2 + (J(m)p, dcal(m) - dobs) + O(HpH2) (3118)
= f(m) + (p, J<m)T (dear(m) — dobS)) + O(HPH2)
We recall here the formal first-order Taylor development of the misfit function f(m)
f(m+p) = f(m) + (p, VF(m)) + O(|lp||*). (3.119)
By identification between (3.118) and (3.119)), we deduce that

Vf(m) = J(m)" (dear(m) — dovs) (3.120)
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Physical interpretation

How can we interpret this formula in terms of wave propagation? We need to figure out
what is the physical meaning behind the Jacobian operator. Let us consider the general
wave equation

A(m)u = ¢ (3.121)

where A(m) stands for a general wave equation operator, u is the wavefield, and ¢ is
the seismic source. We derive this equation with respect to the model parameter m; €
R, 1 < i < M. The model parameter m; has to be understood as one entry of the
discrete vector m € RM. Therefore it corresponds to the value of m at a specific spatial
position denoted by i. If the wave equation is discretized using a finite-difference method,
it would correspond exactly to one node of the Cartesian grid used to discretized the wave
equation.

0A ou
8miu + A(m) o 0 (3.122)
Therefore we have 5 oA
u
A(m)ami = famiu (3.123)
and 5 oA
wo_ -1
O A(m) P (3.124)

This shows that the quantity % is the solution of the wave equation with a source term

—%u. The latter source term corresponds the incident wavefield u multiplied by the

operator %. This operator is in general very sparse, and localized around the position

i. Just for the sake of simplicity, we can thus do the assumption

0A

8mi

u >~ u;(t) (3.125)

where u;(t) denotes the value of the incident wavefield at the position denoted by i, which
depends on time t. We thus have

ou

s = —A(m) "ty (t) (3.126)
and
Ra‘?:; ~ —RA(m) tu;(t) (3.127)

where R is the restriction operator extracting the values of the wavefield at the receiver
locations. We thus obtain

8RU o 8dcal

oy~ om; RA(mM) ™ u,(t) (3.128)

We thus see that the column i of the Jacobian matrix J(m) is nothing else than
the wavefield which would have been scattered by a perturbation at position m;
during the propagation of the field u, and which would have been recorded by
the receivers.
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This interpretation is crucial to understand the meaning of the gradient formula
(3.120)). We introduce the residuals

Ad = dcal(m) — dobs (3.129)

The residuals are the difference between the calculated data and the observed data. The
aim of FWTI is to reduce this difference, such that d.q;(m) is as close as possible from dps.
The residuals can be seen as what remains to be interpreted through FWI by modifying

the current model parameter m, assuming the wave propagation model A(m).
Following the formula (3.120)), we have

N N N T a4 l
Vim) =S JTAd =3 Jnd; =S / Sy, 1) Ad 1) (3.130)
j=1 j=1 r=1 /0 T
This last equality comes from the fact that the summation over the N indices representing
the data space imply a summation over the receivers N, and a summation over time time
indices N; that we have replaced here by its continuous version (integral in time) for the
sake of the interpretation.

Indeed, equation reveals that each component i of the gradient is built
as the summation over the receivers of the zero-lag time correlation between
the residuals Ad and the wavefield which would have been scattered by a per-
turbation m; of the medium at the spatial position i.

This interpretation makes clear that the gradient is a first-order scattering interpreta-
tion of the residuals. We can see the construction of the gradient as if each position of
space was perturbed, producing an associated scattered wavefield following the propaga-
tion of the incident wavefield u. Each scattering response is correlated with the residuals
as if to test if the scattering response correlated constructively or destructively. If the
correlation is constructive, the entry in the gradient is important. If the correlation is
destructive, the entry in the gradient is negligible. Following the iterative minimization
scheme, these model perturbation will be added (up to a scaling and a multiplication by
the inverse Hessian, which will be discussed later) to the current model estimate.

A graphical illustration of this interpretation is provided in Figure [3.5.1

While this interpretation is crucial to understand the mechanism behind FWI, in prac-
tice the formula (3.120]) is never implemented. Indeed, it would require to compute the
scattered wavefield in each spatial location 1 < 4 < M, which is strictly impracticable.
For this reason, the FWI actual implementation relies on another gradient computation
strategy, known as the adjoint state strategy.
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Figure 3.4: In this Figure, we consider a homogeneous background and three localized
perturbations behaving as scatterers (2 black and 1 green circles). AN array of receivers
is represented in dashed red line. The source is located in the middle of the receiver array.
On the top left Figure, the scattering response recorded by the receivers corresponding
to a perturbation located at the green circle position is presented. This correspond to
one column of the Jacobian matrix, associated with this medium perturbation. On the
top right Figure, we have the residuals obtained when d,,s is computed in the medium
containing the three scatterers and the calculated data d.q;(m) is computed in the medium
without any scatterer. We see the imprint of the three missing perturbation in the data.
In this case, the gradient at the position of the green circle will correlate constructively
with the residuals: we see that the scattering response of the perturbation at the green
circle corresponds to one of the scattering response in the residuals. Therefore the gradient
will indicate to update the current model estimate m with a perturbation located at the
position of the green circle.
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3.5.2 Adjoint state method

The adjoint state strategy derives from control theory (Lions, |1968), and has been applied
in seismic imaging first by (Chavent, 1974). A recent review of the application of the
adjoint state method in geophysics is presented in (Plessix), 2006). Here we expose the
main principle of the method before we present it in the particular case of 1D constant
density acoustic wave equation.

General formalism

We recall the Lagrangian operator
L(m,u, degry A\, pt) = ||dear — alobsH2 + (A(m)u — ¢, Ny + (dear — Ru, p1)p - (3.131)

with the previous definition of the scalar products and norm.
In the case where u is the solution of the wave equation, we have

Amu=¢ (3.132)

We denote this solution by w(m). In the same spirit, when decal is extracted from @(m)
we denote it by

dor(m) = Ra(m). (3.133)

We thus have B B
L(m,ﬂ(m), dcal(m)7 )‘a M) = ”dcal(m) - dobs”2 = f(m) (3134)

Therefore, we can relate the gradient of f(m) to the Lagrangian operator in this case,
simply by deriving the latter equation with respect to the model parameters m. We
obtain _
L(m,a(m), dea(m), A, )
om
If we expand the left hand side, we obtain

= Vf(m) (3.135)

<6Au, )\> +L(m,ﬂ(m),aml(m), A, p) Ou(m) +L(m,ﬂ(m),8wl(m), A, 1) Odeqr (m) Y f(m)
om T ou m 8dcal m

- (3.136)
where (., )7 is a scalar product in a space yet to be precise. We can recognize in w and

ad%l(m) operators close from the Jacobian operator, which we do not want to compute.

We therefore look for adjoint variables A and p such that

L(m,u(m), deq(m), A, i)

ou =0

(3.137)

L(m,u(m), deq(m), A, 1)

adcal =0

Interestingly, we see that these two equation belong to the KKT conditions discussed in the
beginning of this chapter. To compute A and p satisfying the two latter equations, we need
to express the derivatives of the Lagrangian with respect to u and d.,; respectively. To
this purpose, we consider v € W and d € D to obtain the first order Taylor developments.
We have

L(m, U+ v, dear, A, M) = Hdcal - dobs||2 + (A(m)(u + U) - ¥, )‘)W + (dcal - R(u + U), M)D .
(3.138)
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Therefore

L(m,u+v,deqr, A, pr) = L(m, u, dear, A, pp) + (A(m)v, Ay, + (dear — Rv, p)p - (3.139)

Hence
L(m,u+ v, deat; A 1) = L(m,u, dear, M, ) + (v, A(m)"N) ) + (v, =R p),,, 0 (3.140)
and
L(m,u+v,dear, A\, 1) = L(m, uy degr, A\, 1) + (v7 A(m)T)\ — RTM)W . (3.141)
This shows that B B
L(mau(m)adcal(m)7A7ﬂ) — A(m)T/\—RT,u (3142)
ou
Similarly, we have
L(m,y degy + dy M\, 1) = ||dear + d — dops||? + (dear + d — Ru, 1) - (3.143)

Therefore

L(ma u, dcal + d> )\7 ;u) = ||dcal - dobsH2 + (d’ dcal - dobs)D + O(HdH2) (d) ,U)D : (dcal - Ru: M)D ’
(3.144)
and

L(ma u, dcal + da )\7 M) = L(’I?’L, u, dcala )\7 #) + (d, dcal - dobs + N)D + O(”d||2) (3145)

Hence _
L(ma H(m)7 dcal(m)> )\7 :u)
adcal

We thus obtain that system ([3.137)) is equivalent to

= deql — dops + 1 (3.146)

Am)TAN=RT'u=0

dcal - dobs +u= 0 (3147)
which can be rewritten as ( )T -
Am)* A= R'pu
3.148
H= dobs - dcal ( )

The latter two equations show that to cancel the terms of the gradient expression in
(3.136)), the adjoint states A and p need to be computed such that

1. w is equal to the opposite of the residual Ad introduced earlier;

2. A is the solution of an adjoint equation associated with the operator A(m)? with
a source term equal to RT i that is, following the first equation, the residuals Ad
projected back into the wavefield space W to act as a regular wavefield source

This result is a key for an efficient implementation of FWI. The gradient V f(m) can
be computed as

0A
Vf(m)= <u, /\> (3.149)
T
where u is the incident field solution of the wave equation

A(m)u = (3.150)
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and A is the adjoint field, solution of the adjoint wave equation
A(m)TX = —RTAd. (3.151)

In practice, wave equation operators are self adjoint, and we are going to see that the
transpose here implies that the wavefield A is solution of the same wave equation as w,
except for the source term, which is equal to the residuals backprojected from the receiver
positions. In addition, the adjoint field A is computed backward in time instead of
being computed forward in time as it is the case for u. To have a better insight where
this backpropagation in time comes from, we investigate in details the 1D constant density
acoustic case in the following.

1D constant density acoustic approximation

Let us consider now the special case of 1D constant density acoustic approximation. In
this frame, m = Vp and the wave equation

Alm)u = (3.152)
becomes
1 9%u  9%*u

-z _ T 3.153
VEor  oa2 7 (8.153)

with initial conditions

0

u(z,0) =0, a—?(x,o) ~0 (3.154)

and homogeneous Dirichlet boundary conditions
Vo € 02, u(zx,t) =0. (3.155)

The Lagrangian operator is going to account for all the constraints defining the forward
problem, therefore we add terms to account for the initial conditions and the boundary
conditions. We introduce the adjoint variables

P1(z), P2(x), z€Q (3.156)

to account for the initial conditions and
¢3(x,t), (x,t) € 002 x[0,T] (3.157)

to account for the boundary conditions.

We also introduce the scalar product associated to the boundary functions (.,.)q and
(s -)aax[o,r) such that

(1, 0)r = /Q w(z)o(z)dz, (3.158)

and

T
(u, v)aax(o,7] :/ / u(z, t)v(z, t)dzdt. (3.159)
0 o0
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The Lagrangian operator becomes

L(VPa U,Clcal, )‘7 M, ¢17 ¢27 ¢3) =

1 0%u  0%u
dca_d032+(__ a)\> "‘dca_Ruv
ldear = donsll” | G2 5 ~ 52 =% " (deat #o (3.160)
ou(x,0
(u(,0), é1)0 ( ( >,¢2)Q+<u,¢3>am[o,ﬂ

To obtain the equations for the adjoint variables, we have seen in the general case that
we need to cancel the first order derivatives of the Lagrangian operator with respect to u
and d.,. To do so, we proceed as in the general case by first computing the first-order

Taylor’s development with respect to these two variables to obtain the corresponding par-
tial derivatives.

The first-order Taylor’s development of the Lagrangian with respect to u is given by
considering the quantity

L(VP,’LL—'- UadCala)\nu’) =

1 *(u+v) 82(u+v)
Hdcal obs” + <V2 o2 02 — ¥, )\)W + (dcal - R(u + U)7 N)D (3.161)
ou(x,0 0 0
+ (u(x, 0) + U(:L’, O), ¢1)Q + < U(aﬂ; ) U(aw )ad)2> + (u + v, ¢3)6Q><[0,T]

We have

L(pru + v, dcala /\,,u) = L(Vp,u, dcala )\,,LL)

1 9%v(z,t)  O%v(w,t)
//t(](VP 92 a2 ))\(:E,t)dasdt

+Z/ ) (@, ) (@, t)dt

ov(zx,0) T
—i—/ﬂv(a:,O)@(x)dw—i—/Q 5 <Z>1(x)d:v+/m/0 v(z, t)ps(x, t)dedt

(3.162)
Let us consider the first term of the right hand side. We are going to use integration
by parts (in time and space). A first integration by part in time gives

T 1 2 T 1
// 8 )\( Pddt // 81} (x,t) ON(z, t)da:dt

1 Ov(z,0) 1 Ov(x,T)
+/QV]% T Az, 0)dx — /Vpat Mz, T)dx
(3.163)
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A second integration by part in time gives

T 1 6% 182()
//t V2 8t2 /\ t)dxdt //to V2 g dwdt

+/ 1611(:6,0))\(%0)(133_/ LM)\(:U,T)CM

QVp Ot o V2 ot
1 OA(z,0) 1 OX(z,T)
(3.164)

In addition, an integration by part in space gives

T 5%v(a,t) / T 9uv(x,t) OA x,t)
— Nz, t)dzdt = — ddt+/ / dxdt
/Q t=0 0x? ( ) 0Ji=o Oz t=0 JoQ
(3. 165)

A second integration by part in space yields

32 // 82 )
t)dxdt (z,t) d dt+/ / dxdt
//tO 5~T2 t=0 8952 t=0 J9Q Ox
T ov(x,t)
— "\, t)dzdt
/tO /89 oz (1)

Before assembling the results, a last technical step remains to be investigated. Based
on the definition of the restriction operator, we have

(3.166)

Z/ (Rv)(xr, t)p(xy, t)dt = Z/ /(5x—xr x)dxp(x,, t)dt (3.167)
t=0 t=0

Therefore we have

Ny . T Ny
; (Rv) (2, t) p(p, t)dt = /t:O /Q ; (e, 0)d(z — x,)v(z)dzdt (3.168)

T Ji=0

Based on all the previous integration by parts and this last rewriting, we obtain the
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following identity

L(VP7U+Udealv)‘7,u’> :L<Vp,u,dcal,A,,U/>

1 O°Az,t)  9*A(,t)
//tO<V2 ot2 o2 )U(iﬁ,t)d:ﬁdt
[ St st =t
t=0

ov(z,0) T
—i—/ﬂv(a:,O)qSl(a:)dx—i-/ﬂ—i- 5 ¢1(a:)da:+/aﬂ/0 v(x,t)p3(x, t)dxdt

1 dv(z,0) 1 ov(z,T)
= S - T
+/QV]§ 5 Az, 0)dx W VI ot Mz, T)dx

/ 2,0 9 42 +/ ,T)a)\(:E’T)d:z

vzt at 2t at
/ / D 4o dt—/ / O 1) ) (2, #) vt
t=0 Joq t=0Joq O

(3.169)

This makes possible the following rewriting in terms of scalar products

L(Vp,u+v,dear, A, 1) = L(Vp,u,dear, A, 1)

1 82/\(x,t) 0? )\ (x, t A
VT% 52 —i—Zu Ty, m—xﬁ,v)w

5t ,v(:c,O))Q + <¢2(x) + Az, 0), 81)(;, o)>Q

1 8v(ac,T)> ( 1 ON(z,T)
— Nz, T), | om0, T)
f o ) \V3 ot o

[
(
(e 220 )
(
(

Az t) 31}(33,15))
e 20x[0,T]

(3.170)
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We thus have

Yv e W,

(

oL
(VP7 u, dcala Avu) =0 —
ou
1 0?Mz,t 02 )\ (, t N
(@.8) St

Vot O —ar) =0

OX(z,0)
¢1(z) + 5 = 0

¢2(x) + AM(z,0) =0 (3.171)

OA(z,t)

ox =0

¢3($7t) +

Mz, T)=0

ON(z, T)

ot

Az t) =0 2 € 99

For the derivative of the Lagrangian with respect to d.., the previous derivation in
the general case remains valid here, and we have

aL(VP, u, dcala )‘7 :u)

— dyat — dops 3.172
9 ! bs + 14 ( )

Putting everything together thus yields the following systems for the adjoint variable

)\7 M, ¢17 d)Qa d)3

1 82)\(3:,15) 82
V2o Zu Ty, t)6(z — y)

M(xra t) - dcal(xry t) - dobs(wra t)
Mz, T)=0

N2, T) _ |
ot (3.173)

Mz, t) =0 z € 99

o1(z) = _8)\%};, 0
p2(x) = —A(z,0)
p3(z,t) = _8)\(((;, ‘)

This derivation is important as it clearly illustrates how the adjoint field is the solution
of the same wave equation as the incident field, except that it is defined through final
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conditions and that the source term corresponds to the residuals.

Now the gradient term needs to be made explicit in the 1D acoustic approximation.
We have

OL(Vp,u,deqr, A, 1 0%u(x,t 0%u(x,t
LVe Vo LA 1) / 3Vp/ < 8752 ) _ 851:2 )—cp(:z:,t)> Az, t)dzdt
P

2 (T 9%u(x,t)
=—— —_— t)dt
vg/o oz M@ t)
(3.174)

We recover the fact that the gradient in this case is computed as the zero-lag time corre-
lation of the incident wavefield u(z,t) and the adjoint wavefield A, scaled by the quantity
with A solution of the adjoint wave system ([3.173]).

2
v
3.5.3 Physical interpretation of the gradient in FWI
See slides of SESSION 9.

3.5.4 Gradient as a filter in the wavenumber domain

In the frame of imaging, it is important to relate the wavenumber content of the gradi-
ent to the parameters the seismic imaging experiment : acquisition, velocity, frequency
content of the data. This is proposed in the papers of [Wu and Toksoz| (1987) and |Sirgue
(2003) through a plane wave analysis of the gradient.

In this frame, we consider a simple 2D case with a single source/receiver couple. We
assume that the incident field (respectively the adjoint field) is a monochromatic field
propagating in the direction denoted by the unit vector ps, from the source), (respectively
Pr, from the receiver). We have

u(x,w) = ekoPsX - \(x, w) = ekoPrx, (3.175)
where x = (7,2) € R? and ky is given by

2
ko = % (3.176)
co
In equations (3.175) and (3.176)) w is the frequency of the monochromatic plane waves,
while ¢g is the velocity of the medium.

As a zero lag cross-correlation of the two wavefields (neglecting the weighting term),
the gradient can be approximated as the product of the two monochromatic field. Indeed,
following the convolution theorem, the cross-correlation in the time-domain is equivalent
to a product in the frequency-domain. Therefore we have the following approximation for

the gradient
Vf ~ eikops.xeikopr.x _ eikO(ps+pr).x (3177)

The situation is illustrated in Figure where we consider a diffracting point at x.
The wavenumber content of the gradient, following equation (3.177)), is

k= ko (ps + Pr) - (3.178)
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Figure 3.5: S and R denote the source and receiver position at the surface. ps and p, are
the vectors in the direction of the rays connecting the diffraction point x to the source
and receiver respectively. These rays can be computed in the asymptotic approximation.
In the plane wave approximation we consider here, these rays are straight. The angle 0 is
the angle formed by the vector ps and py, while the angle ¢ is the sum of the angles ¢;
and ¢, corresponding to the angle made by ps and p, with the vertical.

We can express it through the illumination angle 6 formed by the two vectors ps and py
at point x. They connect the diffracting point x to the source S and the receiver R. In
this plane wave analysis, we consider that the ray connecting them are straight. We have

I1E]* = Kgllps + pell? = k5 (Ipsll + lpell* + 2ps.pr) (3.179)

We use the fact that ps and p, are unit vector (their norm is equal to 1), and that the
scalar product between two vectors is given by the product of their norm and the cosine
of the angle between them to obtain

IE[|* = K2lIps + pell* = 2k3 (1 + cos 6) (3.180)

Here we use the following trigonometric identity

cos 2z = cos(x + x) = cos’ x — sin®z = cos®’x — (1 — cos’ ) = 2cos’x — 1. (3.181)
Therefore .
1+ cosz = 2 cos? (§> : (3.182)
Hence 0
k|12 = 4k2 cos® <2) , (3.183)
and 0
||k|| = 2ko cos <2> (3.184)
that is A p
k=" cos <> (cos ¢, sin @) (3.185)
Cp 2
where

¢ = ¢s + ¢7’ (3.186)
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with ¢5 and ¢, being the angle made by ps and p, with the vertical direction (see Fig. [3.5)).

Through the formula , a point in the wavenumber space can be attached to each
source/receiver pair. An example is provided in Figure where we consider a velocity
co = 2000m.s~', a mean frequency fy = 5 Hz, a target point at z=5000 m and z = —3000
m, and a fixed spread acquisition with 101 sources and 101 receivers located close to the
surface at z= -5 m, spanning the horizontal axis from x = 0 m to = 10000 m, with an
interval distance Az = 100 m.

0.00

-0.01
-0.02
-0.03
N-0.04
-0.05

—0.06

-0.07

—0.08
—0.06 -0.04 —-0.02 0.00 0.02 0.04 0.06

kx

Figure 3.6: k., and k., denotes the horizontal and vertical wavenumber component in the
2D approximation. Each point represented here corresponds to a couple of sources and
receivers. The mean frequency fj is equal to 5 Hz. The velocity cg is equal to 2000 m.s~!.
An ensemble of 101 sources and receivers is considered here, spanning the horizontal axis
from x = 0 m to z = 10000 m, with an interval distance between each source and receiver

Az =100 m.

Formula is very important, as it tells what is the wavenumber content injected
in the model through the gradient update, depending on the illumination angle 8, the fre-
quency content of the data w, and the velocity ¢y. As expected, for wavenumber content
varies linearly the data frequency: low frequency data fills the low wavenumber content
of the model, while high frequency content gives the information on higher wavenumber
content (higher resolution).

Interestingly, one can also plays on the illumination angle to modify the wavenumber
content injected in the model. This is important because in practice the frequency of the
data is constrained by the source which is available. In seismic exploration, propagating
low frequency content (lower than 3 Hz) requires very energetic source, which is not always
feasible. Accessing low wavenumber content is thus an issue. This can be partly overcome
by playing with the acquisition design. For illumination angles close from 180 degrees,
equation tells that the wavenumber content of the gradient tends to 0. Accessing
such large illumination angles (especially at depth) requires to separate sources and re-
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ceivers by a large distance (offset). The larger the offset is, the deeper balistic/transmitted
energy recorded by the source/receiver couple is.

In practice, if streamer acquisition is used, the maximum offset is limited by the size
of the cables towed by the acquisition ships. In modern acquisition, streamer length can
reach around 10 km long. Another strategy, more and more used both in the academy and
the industry, consists in using receiver spanned on the sea floor, named as Ocean Bottom
Station (OBS). In this frame, the acquisition ships can shoot further aways from the OBS
than in conventional streamer acquisition, and offsets can reach several tens of kilometers,
provided the recording time is sufficiently long.

On the other hand, formula also tells that higher resolution information cor-
responds to illumination angle close to 0. This corresponds to reflected energy, instead of
balistic/transmitted energy for large illumination angles. In other words, high resolution
information is contained in the reflection part of the data. Correctly interpreting the re-
flections will provide the highest resolution information on the subsurface model.

Finally, one can also see that the wavenumber content of the gradient is directly linked
to the inverse of the velocity value. In deep part, where the velocity reaches 4000 m.s~! and
higher values, lower resolution is thus expected, compared with shallower /less consolidated
zones where the P-wave velocity can be around 2000 to 3000 m.s~'. This also means that
higher resolution should be expected from the reconstruction of S-wave velocity compared
with P-wave velocity in the frame of elastic full waveform inversion, as S-wave velocity is
always lower than the P-wave velocity.

See illustration slides of SESSION 10.

3.6 HPC aspects of FWI

3.6.1 Frequency-domain implementations

In the early implementations of FWI, instead of solving dynamic problems, the wave

propagation modeling was converted to the solution of time-harmonic equations. In the

elastic approximation, the time-domain partial differential equations can be written in
compact form as

0%u

o

Applying a Fourier transform, this leads to the solution of the elliptic problem

—~DCDTu =5 (3.187)

—pw?u — DCDTu =5 (3.188)

where the Fourier transform operation symbol is omitted to simplify the notations, and
w = 27 f is the circular frequency, while f is the frequency of the monochromatic field u
which is computed.

In the acoustic approximation, this comes to the solution of the following elliptic prob-
lem
—w?P —V3AP = s (3.189)

This elliptic problem is referred to as Helmholtz problem in the literature.
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After discretization, this comes to the solution of the linear system
(W +VED)P = —s (3.190)

where D is the discretization of the Laplacian operator A = a%m + 8%34 + %.

In terms of gradient computation, the correlation in time of the incident and adjoint
field becomes simply a product between the two monochromatic fields, such that if we
compute the gradient in the acoustic case we obtain

202

Vf(m)= 3
j2

(z,w)A(z,w) (3.191)
This simplifies quite significantly the gradient computation step, as we get rid of the time
integral which, as will be explained in the next section, requires careful implementation
when working in the time domain. If multiple frequencies are considered at the same time,
the integration in time is simply replaced by a summation over frequencies, such that the
gradient is given by
22
Vim)=-)_ V—gu(x, WAz, w)dw (3.192)
w

In practice, two strategies exist to solve large scale linear systems

e iterative solvers

e direct solvers

Solution through iterative solvers

Iterative solvers can be good strategies when the conditioning of the linear system is good
(and the spectrum as good properties, namely eigenvalues relatively well separated). Such
iterative solvers are GMRES (Saad, 1986)), or conjugate gradient for symmetric positive
definite matrices (Hestenes and Stiefel, [1952). In practice, they do not require too much
memory, because only matrix-vector products need to be computed, and the matrix of the
linear system needs not be assembled explicitly. We speak of matrix-free algorithms. In
addition, they can efficiently benefit from parallel computing architecture, as a matrix-
vector product can be easily parallelized on multiple-core computers.

However, when the condition number of the linear system is bad, or the spectrum
as clustered eigenvalues, then the convergence of iterative solvers might be dramatically
slow, leading to bad computational cost/computational efficiency. The discretization of
the Helmholtz problem yields such ill-conditioned linear systems. Let us see a simple ex-
ample in 1D acoustic.

In this case D is a tridiagonal matrix of the form

1
D:ﬁDO (3.193)
where
-2 1
1 -2 1
Dy = (3.194)
1 -2 1
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We can rewrite the Helmholtz system as

w?h? sh?
——I1+ Dy | P=——% 3.195
(v em) =1 R
We introduce the matrix A as
2h2
A=2""T+Dy (3.196)
Vp

The minimum wavelength A,,;, is such that

V .
Amin = —2mn (3.197)
f
where Vp i, is the minimum value of the P-wave velocity. To have a correct numerical
dispersion with a second-order finite difference scheme, we need to ensure at least 10

discretization point per minimum wavelength, which yields

_ VP,min

of (3.198)

If we assume the medium is homogeneous (constant velocity Vp, the coefficient on the
diagonal of A is thus
w2h? B 42 f2V3 2

—2=__-2~-16 3.199

V2 V210042
A direct observation tells that the matrix is not diagonal dominant for this value on the
diagonal. In this particular case the values of the matrix remain the same but the size
of the matrix increases as the frequency increases, for a given model size, following the
definition of the discretization step. It can be observed numerically that the condition
number of this matrix increases very fast with the size of the matrix.

Designing fast convergence iterative solvers for the Helmholtz equation or Helmholtz-
type equations is a notoriously difficult problem, see for instance (Ernst and Gander} 2012).
In practice, one should rely on specific preconditioning techniques. Preconditioning for a
linear system

Az =b (3.200)

means considering solving a (left-) preconditioned linear system
PAx = Pb (3.201)

where P is an approximate of A~! such that the condition number and the spectral prop-
erties of the matrix PA are better than that of the matrix A, or a (right-) preconditioned
linear system

APy =b, z =Py (3.202)

where again P is an approximate of A~! such that the condition number and the spectral
properties of the matrix AP are better than that of the matrix A.

In practice, numerous strategies have been proposed for efficient and scalable precon-
ditioning operator P for Helmholtz-like equation but none is fully satisfactory. All the
methods finally face scalability issues when considering high frequency problems for which
a large number of wavelengths needs to be propagated.
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Solution through direct solvers

To avoid convergence issues related to the use iterative solvers, FWI implementation for
time-harmonic equations rely on direct solvers. In this frame, a lower/upper triangular
factorization of the matrix A is performed, such that

A=LU (3.203)

with L and U respectively lower and upper triangular matrices. Such a decomposition is
obtained through a Gaussian elimination strategy. Sophisticated parallel Gaussian elimi-
nation algorithms exist today, one instance of solvers implementing it being the MUMPS
solver (MUMPS-team), [2019)). MUMPS rely on a multi-frontal strategy to perform parallel
LU decomposition of a given matrix (Amestoy et al.l 2000; [Duff et al.l [1986).

One significant advantage of such direct solver strategy is to benefit from a reduced
computation time for each right hand side as soon as the factorization has been computed.
Indeed, once A is factorized, the problem

Az =b (3.204)
is equivalent to

LUx=1b (3.205)
Defining

y=Ux (3.206)
one solves first

Ly=5b (3.207)
then

Ur=y (3.208)

The solution of the linear system thus amounts to the solution of 2 triangular system. For
the lower triangular system, a forward substitution algorithm employed. For the upper
triangular, a backward substitution algorithm is employed. The algorithmic complexity
of these two substitution is linear with the size of the linear system, making them very
efficient from a computational point of view.

The main bottleneck of direct solvers is the factorization step. For large scale matrices,
involving up to billions of entries, the memory requirement to store the factors, even if
the matrix A is sparse, is a challenge. One has to keep in mind that, despite the sparsity
of A, its LU factorization yields dense triangular matrices L and U, which is the main
inconvenient of Gaussian elimination.

Time-harmonic implementation of FWI have thus rely on the use of direct solvers, up
to moderate scale targets (modeling with few tens up to one hundred wavelengths in each
direction in 3D). In this frame, it is possible to take into account all the sources, thanks
to the good computational efficiency of the solving step once the matrix is factorized.

To end up with this time-harmonic/frequency-domain implementation, one could say
that the decimation in frequency of the data is compensated by the ability to consider all
the seismic sources at the same time thanks to the LU decomposition. The redundancy
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of the data makes it possible to design imaging techniques with such frequency decimation.

In terms of parallel implementation, the scalability of the corresponding algorithms
is limited to the scalability of the direct solvers, which is known to be not extremely
satisfactory. For typical applications, the scalability is observed up to few hundred of
Processors.

3.6.2 Time-domain implementations

Time domain implementation is more involved than frequency-domain implementation,
however it yields better scalable algorithm, less memory demanding, and therefore makes
it possible to work on large scale targets. This is now the method of choice developed both
in industry and academy.

Gradient implementation

We first review how to build the gradient in practice, using explicit time-stepping schemes,
following the adjoint state strategy. We will again take the acoustic case as a reference to
illustrate the problems and solutions.

The gradient formula in the time domain is given by

V f(m) = —‘/23 /OT WA(x,t)dt (3.200)
Let us introduce v as the second-order derivative in time of the pressure wavefield
v(x,t) = 82%(;;’” (3.210)
Therefore .
Vf(im)= —v3 v(z, t)A(z, t)dt (3.211)
P Jo
After time discretization, the gradient formula becomes
9 N
Vf(m)= —Vg;v”(x)/\”(m)At (3.212)

where N is the total number of time steps.

The main difficulty comes from the fact that to compute the summation in time ,
we need to access the wavefields v(x,t) and A(x,t) at the same time indices simultaneously.
However, v(x,t) is computed from an initial condition, using an explicit time-stepping
scheme, such that we compute iteratively

(), vl(z), v*(z), ... vV (x) (3.213)

On the other hand, A(zx,t) is backpropagated from a final condition, using also an explicit
time-stepping scheme, such that we compute iteratively

M), XWl@), MW 2(2), ... \(x) (3.214)

This is illustrated in Figure|3.7
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Figure 3.7: Illustration of the gradient building in the time domain following the adjoint
state strategy. Picture taken courtesy of Pengliang Yang (Yang et al. 2016)).

This raises questions/difficulties in terms of implementation. One obvious solution to
the problem is to store in time the wavefield v(z,t). It yields the following algorithm.

ALGOL1: storing technique
1. Compute v(z,t) from its initial condition and store it at all time steps. We keep in
memory (), v'(z), v*(x), ... V()
2. Simultaneously backpropagate A(x,t) and assemble the gradient.
Forn=Nton=0do:
compute A\"(x) in reverse sense
access to v"(z) in the memory
add the contribution \"(z)v"(x) to the gradient

End for
However, this requires potentially a heavy memory load. The number of snapshots
correspond to the total number of time steps, and each snapshot can be already significant

to store in a 3D volume. Consider for instance a mesh of 500 points, and 4000 time steps.
The total volume in octets to store in memory, in single precision (32 bits precision) is

500 x 500 x 500 x 4000 x 4 = 500 x 10° (3.215)

which makes 500 GO of RAM. For a reference, a single node of the local HPC machine
Dahu in Grenoble is 32 cores with 192 GO of memory.
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Alternative algorithms have thus been designed in the frame of time-domain FWT im-
plementation, with the objective to reduce the memory requirement. In this frame, the
state-of-the-art algorithm consists in backpropagating the incident field and the adjoint
field at the same time. To do so, a preliminary computation of the incident field from the
initial time to the final time is performed, and the incident field is stored at the final time
in the whole domain, as well as its total time history, but only on the boundaries. A first
publication on this strategy is due to|Dussaud et al.| (2008). The corresponding algorithm
is sketched below.

ALGO2: incident field backpropagation technique

1. Compute v(z,t) in forward sense from its initial condition and store it at all time
steps only on the boundaries of the domain.
We keep in memory v°(z), v'(z), v%(z), ... vV"!(z) for z € 9Q and v"V(x) for
NSRY

2. Simultaneously backpropagate A(x,t),v(x,t) and assemble the gradient.
Forn=Nton=0do:
compute \"(x) in reverse sense
recompute v"(x) in reverse sense
add the contribution \"(z)v™(z) to the gradient
End for
Of course the computation cost of ALGO2 is more expensive than for ALGO1 as we
have to recompute the incident field from its final value and its values stored at the bound-
aries. In total, we have to solve 1 forward propagation problem in step 1, and 2 forward
propagation problems in step 2, which leads to the solution of 3 wave propagation prob-

lems. In ALGO1, we do not have to recompute the wavefield, therefore, we solve only for
2 wave propagation problems.

On the other hand, ALGO2 is much less memory demanding. If we take the previous
example, for a cubic domain of 500 grid points and 4000 time steps, we have to store

1. 1 final snapshot of the wavefield vV (x) : 500 x 4 octets
2. the history of the wavefield on the boundaries : 6 x 500% x 4000 x 4 octets
The total memory request is thus

(500% + 6 x 500% x 4000) x 4 = 24,5 x 10° (3.216)

The memory demand is thus reduced to 24.5 GO in this case.

ALGO?2 is the one chosen in practice, unless very large memory machines are avail-
able, or, as is be discussed later, we have access to very large number of cores, and domain
decomposition can be used in conjunction with parallelism with sources, to reduce the
memory request per computational unit. This is developed in the next section on paral-
lelization.
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Before moving to this point, we need to discuss the specific case, yet very important,
of attenuating media. In some applications, we use a visco-acoustic or visco-elastic mod-
eling of the wave propagation within the subsurface. This is to represent the attenuation
of the waves propagating in the subsurface in specific geologies. Earth is in practice an
attenuating media (part of the energy is dissipated along the propagation, due to multiple
phenomena such as thermal dissipation, cracks, anelastic behavior of the subsurface). This
can be significant in fluid-filled rocks, where a network of fractures is filled with water,
or gas for instance. In this case, the imprint of attenuation is important and need to be
taken into account to reproduce with sufficient fidelity the observed data.

In terms of modeling, there are multiple ways to account for attenuation in the partial
differential equations representing the wave propagation. The most commonly used one is
Maxwell Generalized Body, or Standard Linear Solid model (these two are the same, only
with different names). Mathematically, ordinary differential equations are added to the
PDE’s coming from elastodynamics.

In terms of numerical implementation, this has a strong consequence for the gradient
building step. The backpropagation of the incident wavefield in an attenuating media is
numerically instable. This can be understood as, in reverse computation, at each time
step, the field has to be amplified rather than dissipated, and the consequence is the nu-
merical instability. Exponential increase at each time step cannot be done with sufficient
numerical accuracy, yielding the numerical error to blow up in few number of time steps.
This makes ALGO2 unavailable in the frame of visco-acoustic or visco-elastic modeling.

To face this difficulty, but yet devise lighter memory technique than ALGO1, check-
pointing strategies have been designed. The essence of checkpointing strategy is to do a
preliminary computation of the incident wavefield in forward sense, as in ALGO2, and to
store snapshot of the incident wavefield at specific time steps. For optimality, these can
be distributed following a logarithmic law. Then, the adjoint field is backpropagated from
its final condition, while the incident wavefield is computed in forward sense from the
closest snapshot available. This reduces the additional computational steps, while miti-
gating the total memory requirement. The checkpointing algorithm is sketched in ALGO3.
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ALGO3: checkpointing technique

1. Compute v(zx,t) from its initial condition and store it at log(/V) distributed time
steps.
We keep in memory v*i(z), j=1...,log(N) for z € Q.

2. Backpropagate A(z,t) and recompute v(x,t) from the closest snapshot to assemble
the gradient.
Forn=Nton=0do:

compute A\"(z) in reverse sense
recompute v"(x) in forward sense from last checkpoint
add the contribution \"*(z)v"(x) to the gradient

End for

We see that the memory demand in this case is log,(/V) snapshots of the wavefield,
instead of IV snapshots if the “store all” ALGO1 is used. However, in terms of computa-
tional cost, the recomputation from the closes checkpoint requires a significant number of
additional computing steps. In the previously introduced example, the memory imprint
of the checkpointing strategy would be

500% x log,(4000) x 4 ~ 1.4957 x 10° (3.217)

The memory demand is thus reduced to approximately 1.5 GO in this case, which is even
smaller than the revere computation strategy of ALGO2. However, here the recomputa-
tion effort is more significant.

Finally, let us mention another development proposed in |Yang et al.| (2016)), as an
improvement of conventional checkpointing techniques for gradient computation in atten-
uating media. The leading idea is to control the instability in the reverse propagation of
the incident wavefield by measuring the total energy of the wavefield E(t) defined simply
by

Bt) = /Q o(z, 1)||2dz. (3.218)

When performing the reverse propagation of the wavefield in the attenuating media, the
numerical instability is detected as soon as the energy of the wavefield departs too far away
from the one which has been recorded when computing the in the forward sense. In this
case, the incident wavefield is recomputed from the closest snapshot, as in conventional
checkpointing strategy. Once the stability is restored, the recomputation of the incident
wavefield in backward sense can be used again, until a new instability is detected or the
initial time step has been reached. This strategy makes possible to perform some backward
computation of the incident wavefield, even in an attenuating media, thus reducing the
number of time steps at which the incident needs to be recomputed, compared with con-
ventional checkpointing strategies. It uses the same number of snapshots of the wavefields
in memory, therefore the memory request is the same as for conventional checkpointing.
This strategy is sketched in ALGO4.
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ALGO4: improved checkpointing technique

1. Compute v(z,t) from its initial condition and store it at log(N) distributed time
steps.
We keep in memory v¥i(x), j=1...,log(N) for z € Q.
We also compute E(t) and keep it in memory as Ey¢f(t).

2. Backpropagate A(x,t) and v(x,t) to assemble the gradient. If an numerical instability
is detected, recompute v(zx,t) from the closest snapshot.
Forn=Nton=0do:

compute A\"(x) in reverse sense
recompute v"(x) in reverse sense.
If |E(t) — Epef(t)] > tol then recompute v™(x) from closest snapshot.
add the contribution \"*(z)v"(x) to the gradient
End for
A comparison of the different proposed algorithms is presented in Figure [3.8 ALGO2

has been introduced as reverse propagation (RP) technique. ALGO4 has been introduced
in the literature as checkpointing assisted reverse-forward simulation (CARFS).
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Figure 3.8: Comparison of the different algorithm in terms of memory imprint and recom-
putation ratio R. R is equal to 1 in the case where the incident field is stored (ALGO1).
In the frame of reverse propagation (when it is stable, in non-attenuating media), R is
equal to 2: the incident wavefield is computed twice, or more precisely the number of
time-stepping iterations is multiplied by 2. For checkpointing algorithm (ALGO3), one
can see that the recomputation ratio rapidly increases as soon as the number of stored
snapshots is less than % (a common situation). Finally, we see that the recomputation
ratio R associated with CARFS (ALGO4) is much lower than that of checkpointing strat-

egy for the same number of stored snapshots.
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Parallelization techniques

To make FWI algorithms able to benefit from modern computational architectures, it
is necessary to make them able to exploit parallelism on multi-core computers. While
Moore’s law has been enough to guarantee computational efficiency of sequential algo-
rithms at the end of the XXth century, today computational efficiency is dependent on the
scalability of algorithms, that is their ability to run on multi-core architectures efficiently.

For FWI, there is a first obvious level of parallelism which can be employed for time-
domain algorithm. This is the parallelism on sources. Indeed, the misfit function f(m)
can be rewritten as a summation over sources of sub misfit function depending only on
one specific seismic source, that is

Ns
fm) =" fo(m), (3.219)
s=1
with
1 (T
fum) =23 / (doat, [ (@1 £) — dopss (0, 1), (3.220)
2 r=170
In this frame, we also have
S
Vf(m) =Y Vfs(m) (3.221)
s=1
with 94
== 222
Vi m) = (gl Al ) (3.222)
or, specifically in the acoustic case
-2 (T 92y,
= — —_— . .22

This means that, for assembling the gradient on a parallel computer, one can distribute
the computation of the contribution associated with each source s, namely V fs(m), and
gathers the result as a simple summation of these contributions. Each contribution can
be computed independently, and simultaneously, by different computing units. This is
sketched in the algorithm below.

Gradient computation: parallelism over sources
1. For s =1 to s = N5 do in parallel
compute V fs(m) following ALGOx (x=1,2,3 or 4 depending on user choice)
end do

2. Gather the contribution of each processor on a master processor

N
Vf(m) =Y Vfim)
s=1

For practical applications where the number of sources can reach several thousands,
this level of parallelism is very useful. Each time-domain FWI algorithm embeds this par-
allelism level. However, for further efficiency and to decrease the computational time, an
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additional level of parallelism is very often implemented, at the level of the incident and
adjoint wavefield computations.

When explicit time-stepping schemes are employed, it is relatively easy to parallelize
the computation of the time-domain wavefields using domain decomposition methods.
We will not enter into the details of these methods here, but we can mention the main
properties/ideas of this strategy. The main idea is to decompose the computation domain
) in subdomains §2; such that

Q=uMQ; (3.224)

The solution of the wave propagation problem is computed at each time step in parallel
on each subdomain €2;. Once the computation associated with the time iteration has been
performed, the domains exchange information on their boundaries with the neighboring
domains, so that they have access to the required information at the next time step to
compute the spatial derivatives at their boundaries.

Compared with previous parallelization level over sources, the implementation of such
domain decomposition methods is slightly more involved. However, in the frame of finite
difference techniques with simple stencil (order 2 or order 4), the communication between
domains is relatively simple. In the frame of spectral element methods, has discretiza-
tion points on the border of the elements are used, the communication between domains
is also relatively simple. Using a Cartesian based mesh makes things easy to locate the
neighboring domains to communicate with. If not, a lookup table has to be built as a
pre-processing step to register who to communicate with before entering the time-loop. A
sketch of the domain decomposition algorithm for explicit time stepping schemes is pre-
sented in the algorithm below.

Wavefield computation: parallelism over subdomains
1. Forn=1ton = N do (time loop)
For i =1 to ¢ = Ny do in parallel on each subdomain
compute u]'(z), x € €
end do

exchange information with neighboring domains
end do

With these two levels of parallelism combined (sources + domain decomposition), we
can develop time-domain FWI algorithms scalable up to tens of thousands of computing
units (cores). In practice, we might not access easily to machines with so many available
computing units, therefore for practical applications, another algorithm is used on top of
that to reduce the overall computational cost of FWI. An illustration of such double level
of parallelization is given in Figure [3.6.2

Random source subsampling

We mentioned in the paragraph on frequency-domain/time-harmonic FWI implementa-
tion that the use of direct solvers makes possible to use the whole seismic sources at a
time for a given inversion. This use of massively redundant data compensates for the
severe decimation which consists in considering single or few monochromatic fields instead
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Figure 3.9: Illustration of the double level of parallelism for time-domain implementation
of FWT algorithms.

of time-dependent wavefields.

Conversely for time-domain FWI, we do not consider any decimation in time, and
therefore it is reasonable to decimate the data on the source side. In order not to in-
troduce to strong artifacts in the reconstructed models yet, this needs to be done in a
“reasonable” manner. One conventionally used is the choice of a random source subsam-
pling algorithm.

The idea is the following: instead of taking into account the total number of seismic
sources at the same time, we proceed to the inversion of small subsets of the datasets. The
source are randomly chosen in each subset. The idea is to use non overlapping datasets,
such that the pool of available sources always decrease and that each source is used at
least once in the inversion.

3.7 Practical applications

See slides of SESSION 12.
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